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ABSTRACT 

The distribution of marine iodine is closely linked to the cycling of oxygen (O2), and its 

concentration in oxygenated waters has implications for ozone (O3) destruction as part of a 

paleoredox proxy.  While the distribution of iodine’s major redox species, iodide (I-) and iodate 

(IO3
-), in the surface ocean is well-documented, the rates and mechanisms of I- oxidation to IO3

- 

remain less well-understood.  Iodate in ocean waters is incorporated and preserved within marine 

carbonate minerals, tracing past and present redox processes and past oxygenation.  Iodide formed 

by microbial reduction of IO3
- in surface waters destroys O3 and has implications for modeling of 

climatological cycles.  Iodate reduction is thought to occur fairly quickly and leads to a 

disequilibrium in [I-] in surface waters, but in situ I- oxidation to IO3
- is thought to be slow and 

may only occur in “hotspots” of large biological influence.  Due to these slow reported timescales 

of I- oxidation, ex situ sources of movement, such as upwelling and water mass mixing may have 

a larger impact on iodine redox species’ distribution that has been previously thought. 

  To calculate rates of I- oxidation to IO3
- and quantitatively constrain their distribution, I 

used three distinct techniques: 1) incubation experiments using the radiotracer 129I, 2) an iodine 

mass balance of Pacific basin waters, and 3) an Optimum Multi-parameter Analysis (OMPA) 

across two field areas, 1) the Bermuda Atlantic Time Series (BATS) in the Sargasso Sea and 2) the 

Pacific Ocean basin at 152°W from Alaska to the Antarctic Ocean, measuring concentrations of 

iodine’s major redox species I- and IO3
-, as well as some intermediates.  Samples were collected 

as part of monthly BATS cruises in the Atlantic and as part of two GEOTRACES cruises (GP15 

and GP17-OCE) across the Pacific basin. 

In the first study, I tested addition of the reactive oxygen species (ROS) superoxide (O2
-) 

and hydrogen peroxide (H2O2) in their role in iodine redox transformations through shipboard 

radio tracers incubations under ambient conditions as part of the Bermuda Atlantic Time Series 

(BATS).  Incubation trials evaluated the effects of biology, light, and the presence and absence of 

ROS on I- oxidation over time and at both euphotic and sub-photic depths.  I calculated rates of I- 

oxidation through use of the radiotracer 129I- (t1/2 ~57 Mya) added to all incubations, quantified 

through measurement of incubations’ 129I/127I ratios of individual iodine species determined using 

Neptune high-resolution multi-collector ICP-MS (MC-ICP-MS).  Rates of I- oxidation were found 

to be sluggish and under the influence of additionally occurring redox transformations, 

highlighting limited change in iodine redox chemistry associated with in situ processes. 



In studies two and three, I measured iodine redox species concentrations in surface and 

depth profile samples from the GEOTRACES GP15 (2018) and GP17-OCE (2022) cruise transects 

to complete the first iodine meridional transect of the Pacific Ocean.  Together with complimentary 

tracers (7Be), I performed mass balance calculations quantifying the contributions of iodine species 

from ex situ sources in the Pacific.  In addition, a water mass analysis using GP17-

OCE hydrographic data provides insight into the eight water masses present in the South Pacific 

study region and the physical versus biogeochemical changes that contribute to iodine’s 

distribution throughout the Pacific basin.  Ultimately, my data highlight multiple mechanisms 

likely responsible for iodine cycling and evolution on a basin scale, with important implications 

for iodine’s broader use as a paleoredox tracer. 
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INTRODUCTION 

An understanding of the distribution of iodine and its major redox species throughout the 

world’s oceans is important for constraining uncertainty in climatological ozone models and has 

many uses as important implications for a paleoredox proxy.  Iodine is also an important factor in 

human and environmental health, and an appreciation of its dispersal throughout the world oceans 

has a great impact on how this trace element is understood as it is employed for ecological benefits.  

Iodine speciation flux between marine surface waters and the atmosphere can have a significant 

effect on climatological O3 models.  Specifically, iodide (I-) is a large destructor of tropospheric 

ozone (O3) Carpenter et al., 2013, Luhar et al., 2017).  Iodate (IO3
-) is reduced by many organisms 

to I-, especially in warm surface ocean waters (Bluhm et al., 2010, Chance et al., 2014, Farrenkopf 

and Luther 2002).  Iodide is also used by microorganisms such as kelp as an antioxidant (Küpper et 

al., 2008), in order to keep these organisms healthy.  Iodine in food contributes to overall human 

health through creation of thyroid hormones that assist in proper development and growth 

(Zimmermann 2011, Sorrenti et al 2021). 

Despite its significant roles in the global environment, climate, as well as human health, 

the processes governing marine iodine cycling require further understanding.  Specifically, current 

constraints on the drivers of processes that lead to the observed spatial variability of iodine 

speciation in surface seawater is limited.  For example, despite a growing understanding of the 

first-order distribution of marine iodine speciation, the rates and mechanisms of iodine oxidation 

and reduction in the surface ocean yet remain unknown, hindering our full understanding of the 

importance of iodine to the applications listed above. 

Profiles outlining the concentrations of I- and IO3
- in the surface ocean with depth and 

latitude are well known, and vary spatially, although differently, through the water column and 

across space in the surface ocean.  Total dissolved iodine concentrations throughout the worlds’ 

oceans is found to be generally constant at about 450-500 nM (Chance et al., 2014).  Almost 

ubiquitously, concentrations of I- in the surface ocean are found at levels of around 250 nM, and 

I-’s concentration decreases with depth to nearly zero in the deep ocean.  Concentrations of IO3
- in 

the water column directly oppose that of I-, starting a bit higher in well-oxygenated surface waters 

(around 300-350 nM) and increasing with depth to around 450 nM.  At depth, iodine is nearly 

completely IO3
- (Figure 1). 
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Iodine speciation is also known to vary predictably across distance with latitude.  At low 

latitudes concentrations of I- are found to be higher in surface waters than at higher latitudes, likely 

because of the rapid reduction of IO3
- to I- by high abundances of bacteria and phytoplankton near 

the equator (Hepach et al., 2010, Chance et al., 2014).  Such I- enrichment is also prominent in 

near-shore areas (Figure 2).  Conversely, IO3
- concentrations are found to be higher in surface 

waters at higher latitudes (in arctic/antarctic waters), where upwelling of IO3
--rich bottom waters 

bring large amounts of IO3
- to surface waters (Bluhm et al., 2011). 

 

 

Figure 1 Simplified diagram of iodine redox species iodide (I-) and iodate (IO3
-) over A) latitude  

and B) depth in the water column.  Green lines represent iodide and blue lines represent iodate. 
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The profiles outlining the concentrations of I- and IO3
- in the surface ocean over latitude 

and at depth are well known, however, the rates and mechanisms of in situ iodine oxidation and 

reduction remain unclear.  Specifically, the aforementioned enrichment of I- at high abundances at 

the expense of oxidized IO3
- in global euphotic zones emphasized the thermodynamic 

disequilibrium between redox and iodine speciation, as it is the reduced iodine form.  Importantly, 

the oxidation of I- to IO3
- has yet to be observed in situ in natural seawater, meaning, the 

accompanying rates, mechanisms, suspected oxidants, and the role of biology (if any) in I- 

oxidation have not yet been established. 

The long residence time of I- at the sea surface is consistent with thermodynamic 

predictions that O2 does not oxidize I-, and that a stronger oxidant is needed for I- oxidation to IO3
- 

in these settings (Li et al., 2014).  Strong oxidants such as superoxide (O2
-) and hydrogen peroxide 

(H2O2), produced extracellularly by marine bacteria and phytoplankton (Sutherland et al.  2019, 

Li et al., 2012, Diaz et al., 2013) are thought to have impacts on this oxidation, indicating that a 

biological influence may be beneficial for I- oxidation to occur.  As yet, experiments assessing the 

potential for I- oxidation in natural marine waters with intrinsic concentrations of reactive oxygen 

species (ROS) are limited, and most studies of I- oxidation are hindered by the difficulty of tracking 

what are likely particularly slow rates. 

In combination with slow rates of I- oxidation, the accumulation of I- at the sea surface is 

likely facilitated by phytoplankton.  Phytoplankton both directly reduces IO3
- to I- as well as 

assimilates both IO3
- and I-, which is released to the water column during cell senescence or organic 

matter remineralization (Bluhm et al., 2010, Hepach et al., 2020).  I- assimilation has also been 

linked to the use of I- as an antioxidant by marine bacteria and kelp (Küpper et al., 2008).  Despite 

this productivity link, the meridional trends of I- accumulation at the sea surface have not been 

directly linked to corresponding trends in biological productivity.  Measurements of iodine 

speciation along transects of varying primary productivity in euphotic waters may aid in 

elucidating the role that biology plays in the accumulation of I- at the sea surface, as well as its 

role in I- oxidation.  Importantly, given likely slow oxidation rates of the accumulated I- from 

biological reduction (Chance et al., 2014), ex situ processes such as water mass transport and 

benthic inputs likely redistribute I- and may likewise contribute to an increase in I- concentrations 

in the surface ocean via semi-conservative mixing processes. 
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 In this dissertation, I have addressed four specific problems related to the rates and 

mechanisms of iodine redox reactions and its distribution in euphotic seawaters across latitudes 

and depth, as well as the formation and movement of those water masses themselves, in two 

specific research areas – a spot point on the Bermuda Atlantic Time Series (BATS) in the Sargasso 

Sea and a latitudinal tract at 152°W, from Alaska to Antarctic waters across the entire open water 

Pacific basin from involvement in the GEOTRACES GP15 and GP17-OCE cruises (Figure 3).  A 

time-series was conducted at BATS to determine the role of reactive oxygen species on I- oxidation 

to IO3
- using 129I as a radiotracer to track rates of oxidation through measurement of 129I/127I ratios 

(Hardisty et al., 2020, 2021).  In addition to the first full transect measurements of surface [I-] and 

[IO3
-] of the Pacific Ocean, both a mass balance and water mass analysis of the Southern Pacific 

Ocean were completed using shipboard hydrographic nutrients.  Surface and depth profiles of IO3
- 

and measurements of 7Be from the GP17-OCE were used to calculated rates of upwelling and 

vertical diffusion, as well as an extended Optimum Multi-parameter Analysis (OMPA) with the 

additional nutrient IO3
- used to attempt to track water mass movement.  Rates of iodine redox 

transformation were constrained through a novel mass-balance approach to calculate the influence 

of ex situ parameters on iodine distribution in the surface ocean.  The four specific problems 

assessed are: 

Q1. What role do the reactive oxygen species superoxide (O2
-) and hydrogen peroxide   

       (H2O2) play in in situ oxidation of I- to IO3
-? (BATS) 

Q2. Do rates of I- oxidation and IO3
- reduction vary with latitude?  (GP17-OCE) 

Q3. What is the relationship between primary productivity and sea surface iodine 

       speciation? (BATS, GP17-OCE) 

Q4. Do ex-situ processes such as seasonal mixing, water mass formation and transport, and 

       benthic inputs contribute to trends of high surface I- distribution? (GP15/GP17- 

       OCE) 
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Figure 2 The Iodine cycle in the surface ocean. Inset with red text and arrows denote possible 

mechanisms of in situ iodine redox reactions in the surface ocean, possibly facilitated by biological 

processes.  Large scale ocean with purple text and arrows denote mass balance and whole-ocean 

constraints possible for ex situ drivers of iodine distribution.  Black text indicates portions of the 

iodine cycle not directly measured as part of this dissertation. 

 Knowledge on sources and distribution of I- at the sea surface is key for a better 

understanding of surface ocean iodine’s impact on O3 destruction and to more accurately inform 

global climatological models (Macdonald et al., 2014, Ganzeveld et al., 2009, Helmig et al., 2012).  

Iodide in the surface ocean reacts with and destroys tropospheric ozone (O3), releasing 

hypoiodious acid (HOI) and I2 to the atmosphere (Carpenter et al., 2013, Hepach et al., 2020), 

which quickly photolyze to I atoms that react with O3 to form IO (Carpenter et al., 2013), and is 

eventually recycled back to the ocean (Figure 2).  Iodide in the sea surface is a significant O3 sink 

and accounts for about one-third of the total global O3 dry deposition flux (600-1000 Tg O3) per 

year, with an accompanying flux on the order of 1012 per year of iodine from the surface ocean to 

the atmosphere (Chance et al., 2014).  The reaction of O3 with I- at the sea surface and iodine’s 

recycling back to the ocean occurs through two key reaction sequences 

1. H+ + I- + O3 —> HOI + O2 
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2. H+ + HOI + I- <— —> I2 + H2O 

and is thought to account for around 75% of observed iodine oxide (IO) levels over the Atlantic 

Ocean (Carpenter et al., 2013). 

 The majority of iodine that is present in the surface ocean is found as one of its two most 

abundant redox species: the reduced I- or oxidized IO3
-.  In much of the open ocean water column, 

I- concentrations are found to be inversely correlated with those of IO3
-.  However, I- is consistently 

found at the ocean’s oxygenated surface to be present in larger than “expected” amounts (~250 

nM).  Laboratory studies show that IO3
- reduction to I- is linked to primary production (Bluhm et 

al., 2010, Hepach et al., 2020, Moisan et al., 1994, Chance et al., 2007, Councell et al., 1996), 

however, the rates and mechanisms of I- oxidation to IO3
- remain unclear. 

Radioactive 129I (t1/2 ~57 Mya) is found naturally in sea water at extremely low levels and 

is produced by breakdown of Xe by cosmic rays in the atmosphere and fission of 238U in the 

Earth’s crust (He et al., 2013, García-Toraño et al., 2018).  It is also produced anthropogenically 

at higher levels as discharge in heavy water from nuclear power plants (Liu et al., 2016).  Although 

waters near these discharge areas are slightly enriched in 129I, [127I] is still orders of magnitude 

higher than that of [129I], making it useful as a radiotracer for oxygenation in natural seawater 

samples in an incubation time study.  With 129I added as I- to incubation samples containing ROS, 

it is possible to compare in situ rates of IO3
- oxidation in surface seawater containing these 

oxidants.  If 129I/127I ratios are seen to increase, it can be known that I- was oxidized to IO3
- in the 

samples.  Iodide oxidation has been shown to occur in artificial seawater mediums (Li et al., 2012, 

Li et al., 2014), and in acid solutions (Bray and Liebhafsky, 1931), but information on the rates 

and mechanisms of I- oxidation in true seawater is lacking.  Given likely very slow rates of I- 

oxidation, and the known disequilibrium found in euphotic surface seawater where I- is found in 

concentrations higher than expected, it is likely that stronger oxidants, such as superoxide (O2
-) 

and its reduced product, hydrogen peroxide (H2O2), are important factors needed for the oxidation 

of I-, even in well-oxygenated waters. 
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Figure 3 Map of sampling locations for A) Bermuda Atlantic Time Series (BATS) incubation and 

B) GEOTRACES GP15 and GP17-OCE mass balance and OMPA analyses.  Note that BATS 

sampling occurred at BATS and Hydrostation S sampling sites (covered by purple star), while 

GEOTRACES cruises each had many sampling sites (GP15 – 54 FISH, GP17-OCE – 53 FISH, 38 

stations) and general cruise tracks are outlined by gray dotted line. 
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Superoxide and hydrogen peroxide are known to be produced extracellularly by 

phytoplankton through the reduction of O2 outside the cell (Sutherland et al., 2019, Diaz et al., 

2013, Li et al., 2014).  In addition, the presence of H2O2 and O2
- produced by bacteria has been 

shown to oxidize I- to I3
- and I2 (Li et al., 2014, Wong et al., 2008).  Experiments that assess the 

potential for these strong oxidants to impact I- oxidation at the sea surface are hindered by the 

difficulty of tracking slow rates of I- oxidation.  The unique insights illuminated here from 

incubation data from the 2018 BATS cruise (Chapter 1) provide a guide for future work over a 

larger ocean transect to determine the facility of ROS in the iodine cycle, where potentially slow 

rates of I- oxidation can be elucidated. 

 It is likely that areas of high primary productivity, may be “hotspots” of in situ IO3
- 

production.  Iodate accumulates to higher than average levels in these areas (Chance et al., 2014), 

and is subsequently distributed by ex situ sources of water movement such as upwelling and water 

mass mixing.  The combination of these in situ hotspots of formation and ex situ methods of 

distribution may lead to those trends in iodine redox species distribution that are well documented 

and are vetted again with the samples measured in this study. 

In near-surface, oxygenated, euphotic waters, I- concentrations increase towards the 

equator, while IO3
- concentrations tend to decrease (Figure 1).  As this trend is exacerbated in near-

shore waters where rates of primary production are high, it is likely that the role of biology in 

iodine redox transformations is larger than previously thought.  Within compiled data of this trend, 

the Pacific has been historically under-characterized.  Data from GEOTRACES GP15 and GP17-

OCE completed a full Pacific transect of iodine measurements, for a full understanding of this 

trend across varying gradients of primary productivity (Figure 2).  The GP17-OCE cruise also 

provided data on the “essential parameter” 7Be, whose vertical profile is a function of vertical 

mixing and which could share key similarities to euphotic I- in open ocean waters.  With 

measurements of 7Be, seasonal mixing in ocean waters was traced through calculation of vertical 

mixing and upwelling rates (Kadko 2017, Haskell et al., 2015, Kadko and Prospero, 2011).  These 

vertical mixing and upwelling rates are necessary for a mass balance approach to calculate the 

influence of ex situ parameters on iodine distribution in the surface ocean. 

In addition to the extracellular production of strong oxidants that may aid in I- oxidation, 

bacteria and phytoplankton are known to intracellularly reduce IO3
- to I- in culture (Hepach et al., 

2020, Moisan et al., 1994, Bluhm et al., 2010, Chance et al., 2007, Councell et al., 1996).  Like the 
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opposite oxidation reaction, the mechanisms for this reduction are not well known.  Although 

previously suggested as responsible for IO3
- reduction, recent studies have shown IO3

- reduction 

by these species even when nitrate is not a limiting factor (Hepach et al., 2020) or when nitrate 

reductase is deactivated (Waite and Truesdale 2003).  Depletion of IO3
- in vertical profiles has also 

been suggested to be caused by bacteria’s uptake of IO3
-.  During logarithmic growth, IO3

- uptake 

has been shown to exceed I- production, leading to a deficit or a case of “missing iodine” (Hepach 

et al., 2020) in the iodine mass balance.  During senescence, this I- is finally released back into the 

water column.  Hepach et al., 2020 indicates a lag between high primary production and I- 

“production”, or release into surrounding waters.  Determination of the level of influence of 

primary production on the iodine mass balance is paramount to constraining current observed 

trends of I- distribution.  No study has directly compared rates of Net Community Production along 

a transect to that of iodine speciation to determine the potential role of productivity in regulating 

meridional iodine trends (e.g. Jansen et al., 2020).  GP17-OCE has provided that opportunity and 

allowed for a direct comparison of iodine species’ distribution in the open ocean with known rates 

of primary production and export production across large gradients 

In combination with in situ parameters of I- oxidation, ex situ processes such as seasonal 

mixing, water mass formation and movement and benthic inputs from upwelling to coastal systems 

may contribute to observed surface I- concentrations (Figure 2).  Seasonal mixing rates towards 

higher latitudes and near the poles tend to be greater than in equatorial systems (Oka et al., 2007).  

Therefore, the residence time of euphotic I- at lower latitudes can be shown to be longer than in 

the less-stratified polar waters.  Together, the measurement of IO3
- and use of 7Be-determined 

upwelling rates has allowed for quantification of ex situ contributions to I- distribution patterns at 

the sea surface through a mass balance approach, and a deeper insight into ex situ processes driving 

well-known meridional iodine distribution trends. 

The formation, influence, and movement of water masses of the Southern Pacific Ocean 

can also be tracked using hydrographic data recorded shipboard from the GP17-OCE cruise and 

an extended Optimum Multi-parameter Analysis (eOMPA).  Eight water masses were found to 

have been transversed by GP17-OCE along the “latitudinal” (at 152°W) and “longitudinal” (at 

67°S) sections of its transect.  All major water masses encountered were analyzed for relative 

contribution to the Southern Ocean environment by calculation through pyOMPA.  The formation 

and movement of these water masses throughout the South Pacific has major implications for the 
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ex situ methods of nutrient and trace metal distribution, including that of iodine species in the 

Southern Ocean. 

GP17-OCE traveled from Papeete, Tahiti south to the ice edge in the Western Amudsen 

Sea, then crossing to Punta Arenas, Chile for sampling of TEI’s (Figure 2).  Input from 

geochemical “hotspots” such as high primary productivity, oxygen deficient zones (ODZs), and 

pore waters for most of this transect in the open ocean were few, and vertical mixing, as expected, 

did show itself to have been the primary control on distribution for IO3
-, the only iodine redox 

species measured across depth for this transect.  

Both the BATS and GEOTRACES GP15 and GP17-OCE cruises have provided unique 

and distinct opportunities to advance our understanding of the contributions of in situ and ex situ 

processes driving iodine mass balance in surface seawater, along with producing an extensive and 

well-constrained iodine mass balance in a large ocean basin and record of the contributions of 

major water masses in the Southern Pacific Ocean, with a focus on three key hypotheses for this 

dissertation: 

1. In situ rates of I- oxidation are directly related to concentrations of strong oxidants in well-

oxygenated, photic, near-surface ocean waters 

2. In situ rates of primary production and related nutrient availability act as the initial driver 

of euphotic IO3
-/I- disequilibrium 

3. Ex situ processes, including seasonal vertical mixing and upwelling, redistribute iodine 

species and drive latitudinal trends of iodine distribution 

The three chapters discussing these themes here within are presented in manuscript form; the first 

being published in Frontiers in Marine Science, and the second and third moving toward journal 

selection. 
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CHAPTER 1: RATES AND PATHWAYS OF IODINE SPECIATION 

TRANSFORMATIONS AT THE BERMUDA ATLANTIC TIME SERIES 
 

1.1: Abstract 

The distribution of iodine in the surface ocean – of which iodide-iodine is a large destructor 

of tropospheric ozone (O3) – can be attributed to both in situ (i.e., biological) and ex situ (i.e., 

mixing) drivers.  Currently, uncertainty regarding the rates and mechanisms of iodide (I-) oxidation 

render it difficult to distinguish the importance of in situ reactions vs ex situ mixing in driving 

iodine’s distribution, thus leading to uncertainty in climatological ozone atmospheric models.  It 

has been hypothesized that reactive oxygen species (ROS), such as superoxide (O2
•−) or hydrogen 

peroxide (H2O2), may be needed for I- oxidation to occur at the sea surface, but this has yet to be 

demonstrated in natural marine waters.  To test the role of ROS in iodine redox transformations, 

shipboard isotope tracer incubations were conducted as part of the Bermuda Atlantic Time Series 

(BATS) in the Sargasso Sea in September of 2018.  Incubation trials evaluated the effects of ROS 

(O2
•−, H2O2) on iodine redox transformations over time and at euphotic and sub-photic depths. 

Rates of I- oxidation were assessed using a 129I- tracer (t1/2 ~15.7 Myr) added to all incubations, 

and 129I/127I ratios of individual iodine species (I-, IO3
-).  Our results show a lack of I- oxidation to 

IO3
- within the resolution of our tracer approach – i.e., <2.99 nM/day, or <1091.4 nM/yr.  In 

addition, we present new ROS data from BATS and compare our iodine speciation profiles to that 

from two previous studies conducted at BATS, which demonstrate long-term iodine stability.  

These results indicate that ex situ processes, such as vertical mixing, may play an important role 

in broader iodine species’ distribution in this and similar regions. 

1.2: Introduction 

Iodine is a redox-sensitive element that is found ubiquitously in the surface ocean at an 

average concentration of about 450 nM (Elderfield and Truesdale, 1980; Chance et al., 

2014; Moriyasu et al., 2023).  Knowledge of the distribution of iodine’s two major redox species – 

iodide (I-) and iodate (IO3
-) – at the sea surface is important for our understanding of iodine’s role in 

atmospheric cycles through the destruction of ozone (O3) by I-, a significant O3 sink (Carpenter et al., 

2013; Chance et al., 2014; Luhar et al., 2017).  The destruction of O3 by I• releases hypoiodous acid 

(HOI) and I2 to the atmosphere, which photolyzes to I atoms and continues to break down 

atmospheric O3 (Carpenter et al., 2013).  An understanding of the rates and mechanisms that 

contribute to the distribution of I- and IO3
- at the sea surface can aid in our understanding of 
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tropospheric O3 destruction and its importance in the cycles of global climate change and impact on 

air quality. 

In well-oxygenated portions of the open ocean, IO3
- is found at levels exceeding 250 nM at 

the surface, increasing in concentration with depth in sub-photic waters (>350 nM).  In much of the 

open ocean water column, I- concentrations are found to be inversely correlated with [IO3
-]; however, 

I- is consistently found to be present in larger amounts (up to 250 nM) than would be expected if 

O2 were the direct oxidant of I- in fully oxygenated surface waters (Chance et al., 2014).  Indeed, 

O2 is not thermodynamically favored to fully oxidize I- to IO3
- and the oxidant responsible for the 

reaction is unknown (Luther et al., 1995; Luther, 2023).  Given multiple known pathways of IO3
- 

reduction, it is clear however that I- oxidation is occurring within marine waters but is likely sluggish 

(1.5-560 nM/yr) (Campos et al., 1996; Edwards and Truesdale, 1997; Truesdale et al., 2001b; Žic 

and Branica, 2006; He et al., 2013; Hardisty et al., 2020; Hughes et al., 2021).  For example, in 

situ reduction of IO3
- to I- by phytoplankton and bacteria is known to be a major pathway through 

which I- accumulates in areas of generally high primary productivity, such as upwelling zones and 

along coasts (Bluhm et al., 2010).  Some iodine may be assimilated and later released during cell 

senescence (Hepach et al., 2020) and may account for “missing iodine” that is found in mass balance 

calculations of these areas. 

The extracellular production of reactive oxygen species (ROS) by oxygenic photo- and 

heterotrophic bacteria promotes a variety of cell functions (Hansel and Diaz, 2021) and may also aid 

in the oxidation of I- in surface waters.  Extracellular O2
•− production by these bacteria varies as a 

function of species, where it ranges from 0.1-3.7 amol cell-1 h-1 (heterotrophs) to 4.3-13,400 amol 

cell-1 h-1 (oxygenic phototrophs) (Diaz et al., 2013; Sutherland et al., 2020). Similarly, bacteria and 

phytoplankton are also sources of H2O2 to the marine environment, both through the secretion of 

intracellular pools and extracellular production.  Extracellular O2
•− production by Roseobacter sp. 

AzwK-3b – 15-20% of coastal bacterial communities (Bond et al., 2020) – was shown in cell cultures 

to promote I- oxidation in the absence of Mn2+, which is preferentially oxidized (Li et al., 

2014; Hansel et al., 2019) (Figure 1.1).  Oxidation is thought to be completed extracellularly through 

the aid of these ROS (Li et al., 2014). This mechanism has yet to be tested under ambient marine 

conditions. 
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Figure 1.1 Iodine cycling in the modern surface ocean.  Processes highlighted in red were 

examined in this study. 

Here, we performed shipboard 129I radiotracer incubations under ambient seawater 

conditions to investigate the role of ROS in I- oxidation processes at the Bermuda Atlantic Time 

Series (BATS) in September 2018.  129I has a half-life of ~15.7 Ma and is therefore useful as a tracer 

on timescales of decades or less (Hardisty et al., 2020; Hardisty et al., 2021).  To build on previous 

studies, the ROS H2O2 and O2
•− were added to experiments at levels analogous to natural seawater 

concentrations to investigate their effect on oxidation of I- to IO3
-, or vice versa.  In addition, we have 

measured iodine speciation and O2
•− in depth profiles from the BATS and the adjacent Hydrostation 

S.  Our iodine speciation is compared to previous measurements from 1993 to 1994 and 1984 to 

1985 (Jickells et al., 1988; Campos et al., 1996), thus providing the first long-term intercomparison 

for marine iodine. 

1.3: Methods 

1.3.1: Sample Collection 

Seawater was collected from the Bermuda Atlantic Time Series (BATS) and Hydrostation 

S sites in the Sargasso Sea in September 2018.  Depth profile investigations at BATS were taken 

at 32.343°N 64.594°W at 21 separate depths between 1 m and 4500 m.  Hydrostation S samples 

were taken at 32.165°N 64.501°W at 10 depths between 1 m and 500 m.  Incubation water was 

taken from two depths (1 m and 240 m) and collected into four carboys (two euphotic (1 m) and 

two subphotic (240 m)) between 20:30 and 22:30 ADT.  One carboy from each depth was filtered 
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using a 0.2 µm filter to remove bacteria and other biology and particles while another was left 

unfiltered.  129I (t1/2 ≅ 15.7 My) (Eckert and Ziegler Isotope Products ©) (Hardisty et al., 

2020; Hardisty et al., 2021), was added directly to each of the carboys at a targeted concentration 

of ~70 nM 129I- for investigating iodine redox reactions in natural seawater over time.  129I- was 

added before aliquoting the carboy water for individual incubations to ensure 

homogenous 129I- concentrations at t0 for all incubations.  200 ml from each carboy were 

fractionated into separated incubation containers.  Samples for t0 were immediately subsampled 

from spiked incubation containers, with this and subsequent (t1, t2, tf) subsamples being ~50 ml.  

All subsamples were immediately filtered at 0.2 µm to end interaction with biology after sampling.  

Subsamples were refrigerated and stored at 4°C until they returned to Michigan State University 

and were frozen for storage.  Campos (1997) showed that seawater samples stored refrigerated 

(4°C) or frozen (-20°C) did not show signs of degradation in total iodine measurements over a 

one-to-three-year period – well over the eight-month timeframe in which measurement of these 

samples began after collection. 

1.3.2: Incubation setup 

Five incubation factors were used to create 20 incubation trials using a ship-deck light-

filtering incubator to mimic at-depth light filtration, cooled with a continuous resupply of ambient 

surface seawater and stored in translucent and amber high-density polyethylene (HDPE) Nalgene 

bottles for dark incubations: each done in triplicate (Table 1.1).  Factors included: 1) filtering of 

samples through a 0.2 µm syringe filter, meant as a control to screen filtered seawater of bacteria 

and macro-organisms and particles, kept in either the light or the dark depending on incubation, 

(Campos et al., 1996; Farrenkopf et al., 1997; Hardisty et al., 2020); 2) addition of O2
•− dismutase 

(SOD) to incubations both filtered and unfiltered, but all left in the dark, intended as a control to 

remove ambient O2
•− in seawater (Li et al., 2012; Diaz et al., 2013; Sutherland et al., 2020); 3) 

addition of superoxide thermal source (SOTS) or hydrogen peroxide (H2O2) to filtered samples 

kept in the dark in separate experiments, both suspected of being able to aid in oxidation of I- to 

IO3
- in seawater; 4) unfiltered water in the dark to determine the role, if any, of photochemical 

reactions that may cause the reduction of IO3
- to I- in the presence of organic matter (Spokes and 

Liss, 1996; Chance et al., 2014); 5) additions of MnCl2 to iterations of the above in order to 

consider the potential of preferential Mn2+ oxidation relative to I-.  Note that controls 2 and 5 were 

only relevant if I- oxidation was detected in the other controls. 
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Superoxide thermal source was kept frozen (-80°C) until it was added daily by pipette to 

incubations 11 and 19 (Table 1.1) as a combination of 1 ml dimethyl sulfoxide (DMSO) +1 mg 

SOTS (3028 µM SOTS) (Cayman Chemicals, CAS number 223507-96-8) and diluted to 15 µM 

SOTS within seawater samples, which provides ≥25 nM O2
•− at the surface water temperatures 

at BATS and Hydrostation S (Heller and Croot, 2010).  This was made fresh daily immediately 

before adding to samples and added daily to account for natural decay.  The O2
•− concentration 

of the SOTS stock was not analyzed but O2
•− concentration was analyzed in one experiment a 

few hours post-SOTS addition – to allow to reach steady state concentrations – to confirm 

O2
•−accumulation.  Hydrogen peroxide (30%) was added at a volume targeting 50 nM H2O2 in 

each solution.  SOD was added by pipette daily – thus accounting for decay and titration via 

potentially newly formed O2
•− within the incubations – from a stock concentration of 4 kU/ml to 

incubations to produce samples with SOD concentration of 0.32 kU/ml.  Given potential long 

oxidation timescales of I-, all incubations were performed over a 140-hour time period, with 

subsamples collected for iodine species measurement at t0, ~t40, ~t88, and ~t140 hours. 

Depth Zone (1m or 240m) Photic Photic Photic Photic Subphotic Subphotic 

Light Condition (Light/Dark) Light Dark Light Dark Dark Dark 

Treatment (Filtered/Unfiltered) Unfiltered Unfiltered Filtered Filtered Unfiltered Filtered 

Control #1 #3 #6 #8 #13 #16 

+Superoxide Dismutase (SOD)  #4  #9 #14 #17 

+Manganese Chloride (MnCl2) #2 #5 #7 #10 #15 #18 

+Superoxide Thermal Source (SOTS)    #11  #19 

Hydrogen Peroxide (H2O2)    #12  #20 

Table 1.1 Factor setup and inclusion for all 20 incubation trials and controls.  Photic samples are 

from 1 m depth, while subphotic samples are from 240 m depth.  Filtered samples were filtered 

through a 0.2 μm filter for removal of bacteria and macroorganisms.  Each incubation number 

consists of 12 samples; four timepoints sampled in triplicate.  Bolded sample numbers in table 

indicate data for those incubations illustrated in this publication. 

1.3.3: Analytical Methods 

1.3.3.1: Superoxide 

The steady-state concentration of O2
•− was determined as previously described with some 

minor modifications (Sutherland et al., 2020).  Water samples were collected using 12 L Ocean 

Test Equipment bottles on a 24-position Sea-Bird CTD rosette.  Samples were transferred into 

dark, acid washed bottles and measured between 30 minutes and six hours of the collection time.  

Thirty minutes was chosen as a sample delay period because it is greater than 10 half-lives of 
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O2
•− in typical marine waters, meaning that any O2

•− remaining is the result of light-independent 

O2
•− production by microbial communities in the bottles (Roe et al., 2016).  Samples collected 

above the thermocline were incubated on deck with continuously flowing surface water (28.2°C 

and 29.2°C at Hydrostation S and BATS, respectively) and samples below the thermocline were 

incubated at 4°C. 

Superoxide concentrations were measured using an FeLume Mini (Waterville Analytical) 

and the O2
•−-specific chemiluminescent probe methyl cypridina luciferin analog (MCLA, Santa 

Cruz Biotechnology, Rose et al., 2008) stored at 4°C.  Recent work using these methods has 

demonstrated that filtration of natural seawater can produce additional O2
•− (Roe et al., 2016).  To 

avoid introducing this bias into sample measurements, we used the following equation: 

[O2
•−]sample = [ O2

•−]USW − [O2
•−]AFSW 

where [O2
•−]USW represents the measured concentration of O2

•− in unfiltered seawater (USW) and 

[O2
•−]AFSW represents the concentration of O2

•− in aged (>24 hours) filtered (0.2 µm Sterivex filter) 

seawater (AFSW) amended with 75 µM diethylene-triaminepentaacetic acid (DTPA) to complex 

any metals present in the sample.  Each measurement consisted of running a 25 mL USW sample 

through the FeLume system (3 mL/min) for several minutes until a steady signal was recorded.  

After a steady signal was recorded, 2 μL superoxide dismutase (SOD; Superoxide Dismutase from 

bovine erythrocytes >3,000 U/mg, Sigma, stock prepared in DI water to 4,000 U/mL) was added 

to the sample to quench all O2
•− in the sample.  The same procedure was followed for the AFSW 

samples.  The reported O2
•− concentrations represent the difference between the USW and the 

AFSW concentrations, the latter allowing us to eliminate the portion of the measured signal due 

to MCLA auto-oxidation in each particular sample matrix.  Calibration curves were generated daily 

from three or more paired observations of time-zero O2
•−concentration (dependent variable) and 

chemiluminescence (independent variable) using linear regression.  Separate calibration curves 

were used for each of the two storage temperatures.  Because chemiluminescence values were 

baseline-corrected, regression lines were forced through the origin. Calibrations yielded highly 

linear curves (typically R2 >0.9), with a typical sensitivity of one chemiluminescence unit per pM 

O2
•−. 

1.3.3.2: Spectrophotometry 

Iodate was measured using the spectrophotometric method outlined in Jickells et al. 

(1988), using 10% potassium iodide (KI) solution and 1.5 M sulfamic acid (H3NSO3).  10% KI 

https://www.frontiersin.org/articles/10.3389/fmars.2023.1272870/full#B37
https://www.frontiersin.org/articles/10.3389/fmars.2023.1272870/full#B37
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was made fresh daily.  Samples were measured using a VWR UV-Vis Scanning 3100 PC 

spectrophotometer and accompanying UV-Vis Analyst software using VWR® Two-Sided 

Disposable Plastic Cuvettes for measurements within the visible range (300-900 nm), path length 

10 mm.  Fisherbrand® Semi-Micro Quartz Cuvettes (Cat. No. 14-958-126) for wavelengths 200-

2500 nm, were used for repeated measurements of samples 3.5 years after the initial IO3
-

measurements, with similar results obtained. 

Jickells’ (1988) method of IO3
- reaction with excess I- in acidic conditions yields triiodide 

(I3
-) and is specific to IO3

- (Jickells et al., 1988; Moriyasu et al., 2020; Moriyasu et al., 2023).  

Triiodide in reacted samples was measured at a ~320 nm trough, with the lowest point being found 

between 300 and 350 nm, peak at 350 nm, and secondary trough at 400 nm (A(IO3
-)x).  The 

concentrations of IO3
- (nMIO3

−) were calculated from these values using the equation: 

𝑛𝑀𝐼𝑂3− = 𝐴(𝐼𝑂3
−)350 − ((𝐴(𝐼𝑂3

−)~320 + 𝐴(𝐼𝑂3
−)400)/2) ∗ 𝑚𝑠𝑡𝑎𝑛𝑑𝑎𝑟𝑑 𝑐𝑢𝑟𝑣𝑒 

where mstandard curve is the value of the slope of the standard curve created with potassium iodate 

(KIO3
-), calculated between zero and 500 nM KIO3

- and calibrated using standard additions of 

KIO3
- to seawater. 

1.3.3.3: Ion Chromatography 

We used a previously established ion-exchange chromatography method (Wong and 

Brewer, 1977; Hou et al., 1999; Hou et al., 2001; Hou et al., 2007; Hou et al., 2009; Hardisty et al., 

2020; Hardisty et al., 2021; Moriyasu et al., 2023) to separate I-, IO3
-, and DOI from natural 

seawater samples.  Iodide fractions were measured via ICP-MS for I- concentrations (see section 

1.3.3.4) since yields are known to reach ~100% (Hardisty et al., 2020), and then subsequently 

measured for 129I/127I ratios via MC-ICP-MS (see section 1.3.3.5).  Previous IO3
- yields have been 

found to commonly be between 90-95% (Hou et al., 1999; Hou et al., 2001; Hou et al., 2007; Hou 

et al., 2009), thus, IO3
- and DOI fractions were only measured for 129I/127I ratios and not used to 

quantify concentrations from ICP-MS.  Spot-checks on IO3
- fractions were completed on ICP-MS 

to test reproducibility between spectrophotometric and ICP-MS measurements, with 82 to >100% 

agreement between methods for [IO3
-] measured (Table 1.2).  Glass columns used for iodine redox 

species separation were packed with PYREX glass wool and 1 ml (volumetric) AG1-X8 resin that 

was cleaned of any residual iodine after packing using one full ion-exchange chromatography 

“cleaning” procedure (substituting sample for 18.2 MΩ-cm water) before samples were run 

through columns for collection of iodine redox species using the same chromatography procedure.  
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About 10 ml of each sample – which was quantified gravimetrically before addition – were used 

during each procedure. 

The ion chromatography procedure specifically elutes I- from the seawater matrix.  Iodate 

and DOI were independently separated prior to the I- elution step.  The DOI and IO3
- fractions 

were then reduced to I- using concentrated hydrochloric acid (HCl) and 0.3 M sodium bisulfite 

(NaHSO3) at pH <2 (Hou et al., 1999; Hou et al., 2009; Reifenhaüser and Heumann, 

1990; Hardisty et al., 2020).  Samples were left overnight and then run through ion exchange 

chromatography columns the next day, using the same I- elution procedure described above in an 

eluent of 18% TMAH/2 M HNO3.  Like the samples, the eluent mass was determined 

gravimetrically, which together were used for determining concentrations, when relevant.  The 

eluent was then directly diluted for measurement via ICP-MS and/or MC-ICP-MS. 

For quality control, a 200 ppb I- solution diluted from a 1000 ± 4 ug/ml I- solution in 1% 

tetraethyl ammonium (TEA) (I-, DOI) or KIO3
- (IO3

-) standard was run alongside samples through 

columns as a monitor of iodine elution efficiency from columns to estimate yields.  At least two 

18.2 MΩ-cm water blanks were also run as monitors of contamination with sample sets.  At least 

one sample replicate was also included in each column set for assessment of reproducibility 

between column runs. 

1.3.3.4: ICP-MS 

[127I-] was measured by a Thermoscientific iCap triple-quad inductively coupled plasma 

mass spectrometer (ICP-MS-TQ) using Qtegra software version 2.10.3324.131 in both single-quad 

(SQ) and triple-quad (TQ) mode with O2 reaction cell gas.  A Teledyne ASX 520 autosampler was 

used to deliver liquid solution to the ICP-MS.  Samples analyzed by ICP-MS were diluted 1:20 or 

1:40 in a 0.9% tetramethyl ammonium hydroxide (TMAH)/0.1 M nitric acid (HNO3) or 0.45% 

TMAH/0.05 M HNO3 solution, respectively.  The same dilutions were used for ICP-MS rinse 

solutions.  Data was corrected relative to the internal standards In, Rh, and Cs.  Internal standards 

used were from Inorganic Ventures© – In was a 1001 ± 3 ug/ml solution in 2% HNO3; Rh was a 

999 ± 5 ug/ml solution in 15% HCl; and Cs was a 1000 ± 4 ug/ml solution in 0.1% HNO – to 

create a 5 ppb internal standard solution that was spiked into each measured sample directly or 

using an inline mixing chamber.  The 127I standard used for creating standard curves and column 

standard samples was a 1000 ± 4 ug/ml I- solution in 1% tetraethylammonium (TEA). 
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1.3.3.5: MC-ICP-MS ratios (129I/127I) 

Iodine isotope ratios (129I/127I) were measured at Woods Hole Oceanographic Institution 

(WHOI) via a ThermoFinnegan Neptune MC-ICP-MS according to Hardisty et al. (2020).  

Specific ion beams mass/charge (m/z) were monitored for Te (126, 128, 130) and Xe (126, 128, 

129, 130, 131, 132) isotopes, as well as 132Ba and 127I and 129I in faraday cups L3-L1 and H1-H3 

with m/z 129 in the center position.  Tuning was completed before running samples each morning 

to optimize beam intensity.  A 500 ppb Te solution (Inorganic Ventures©) was used to account for 

mass bias corrections.  Corrections needed for isobaric interferences were tracked via 131Xe. 

We utilized a gas-based “sparge” method for iodine sample introduction and desolvation 

with a 300 uL/min quartz nebulizer for Ar carrier gas Te solution introduction, using a regular 

sample cone and x-type skimmer cone (Hardisty et al., 2020; Hardisty et al., 2021).  30 ml Teflon 

vials, outfitted with pre-formed “sparge caps” that allowed for Ar gas flow through the sample, 

held ≤6 ml sample (solution containing fractions representing I-, DOI, or IO3
-).  Teflon vials used 

for running samples were cleaned before use with each sample in 50% nitric acid for >3 hours at 

90°C, then rinsed with 18.2 MΩ-cm water and allowed to air dry in hood until next use.  Teflon 

tubing connecting samples to the Neptune intake were changed regularly to inhibit cross-

contamination between sample runs.  Before connection to the torch, Ar gas flow rate was 

decreased to ~0.1 L min-1 and Ar was run through the connected sample for one minute to purge 

air out of the sample container before connecting to the torch.  After the sample was connected to 

the torch, the gas rate was increased to ~1.2 L min-1.  Te signal was monitored for stabilization, 

increasing to a value of 3-7 V.  The sample run was started after Te signal stabilized, and then 4 ml 

concentrated 70% HNO3 was added upstream of the sample vial to induce volatilization of iodine 

samples.  The sum of nitric and iodine eluent was kept <10 ml to allow for headspace to prevent 

bubbling over, which can inadvertently introduce liquid upstream of the sample vial, preventing 

sample measurement.  Data were corrected as described in Hardisty et al. (2020), for a 

final 129I/127I ratio and standard deviation output. 

1.4: Results 

1.4.1: Iodine speciation and superoxide in depth profiles 

Depth profiles of I- and IO3
- (nM), O2

•− (pM), temperature (°C), and dissolved oxygen 

(μM) at BATS and Hydrostation S are detailed in Figure 1.2 and show predictable changes 

throughout depth of IO3
- and I-.  The dark, particle-associated superoxide steady-state 
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concentration at BATS and Hydrostation S span 4-720 pM through the water column between 1 m 

and 4553 m at BATS and Hydrostation S sampling sites.  Superoxide concentrations were highest 

between the surface and 1000 meters and fall within the range of previously reported water column 

values (Hansard et al., 2010; Rusak et al., 2011; Roe et al., 2016).  Temperature and dissolved 

oxygen values are available from cruise CTD data at http://batsftp.bios.edu/.  Depth profiles of 

I- and IO3
- mirror that of previous studies of iodine in an oxygenated seawater, with I- accumulation 

in the surface elevated at the expense of IO3
- and with iodine below the euphotic zone being almost 

completely IO3
- except for the bottom water sample at 4500 m which has relatively elevated I-.  

We also show I- and IO3
- reported from previous studies at BATS which were limited to shallower 

depths (2500 m) than that studied here (4500 m). 

It is notable that there appears to be elevated superoxide concentrations at some 

intermediate water sample depths (e.g., 500 m).  This is somewhat at odds with the expectation 

that light-independent superoxide production will scale with cell abundance and activity.  While 

we did not measure additional biological parameters that might allow us to interpret these 

concentrations, it is apparent that elevated superoxide concentration do coincide with significant 

dissolved oxygen gradients.  It is possible that elevated superoxide is either a direct or indirect 

result of remineralization processes occurring at these depths. 

 

Figure 1.2 Concentrations of A) I- (left) and IO3
- (right) (nM) and B) O2

•− (pM) at BATS (blue 

square) and Hydrostation S (cyan square) stations.  Average C) temperature (⁰C) and D) dissolved 

oxygen (μM) from BATS and Hydrostation S stations also included.  

  

http://batsftp.bios.edu/
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1.4.2: Iodine measurements from incubations 

In incubation samples, initial [IO3
-] values measured spectrophotometrically were found to 

be within the range of 209 nM to 452 nM, while I- separated from incubation samples via ion-

exchange chromatography was found to be in the range of 92 nM to 235 nM from ICP-MS 

measurements (Table 1.2, Figures 1.3–1.5).  Iodate values were spot-checked via exchange 

chromatography and ICP-MS and were found to be consistent with spectrophotometric 

measurements but showed a larger standard deviation in most cases, consistent with potential 

variability in yields (Table 1.2).  It is interesting to note that, in some cases, filtered conditions 

have a lower measured [IO3
-] than unfiltered conditions (Figure 1.3A, subphotic depth). 

Measured [I-] shows no change over time in any of the incubations investigated 

(Figures 1.4–1.6).  This is also true for [IO3
-] for most incubation trials; however, IO3

- values in 

incubations that included sequential additions of O2
•− (10 nM/24 hrs) and H2O2 (50 nM/48 hrs) 

showed a decrease in [IO3
-] over time, from 309 nM to 249 nM and 255 nM to 204 nM, 

respectively.  Given an interference causing a baseline shift in these incubations (discussed 

in Supplementary Information), these samples were corrected for by selecting the minimum trough 

value between 300 nm and 350 nm for spectrophotometer concentration calculations (section 

1.3.3.2) instead of the exact 320 nm value, which was impacted and artificially increased by the 

interference shift.  With correction, a decrease in IO3
- concentration was still observed.  Since there 

was no corresponding increase in [I-] or decrease in 129I-/127I-, which would be anticipated 

for 127IO3
- reduction to I-, this could indicate reduction of IO3

- to an iodine intermediate not 

identified in this study.  That said, it more likely reflects interferences from SOTS degradation 

products which have an overlapping absorbance range with I3 near 320 nm.  Specifically, 4-Formyl 

Benzoic acid is a degradation product of SOTS-1 (Ingold et al., 1997; Konya et al., 2000; Heller 

and Croot, 2010) and ROS-induced oxidation products of CDOM have overlapping absorption 

peaks.  Notably, the SOTS degradation products do not account for the same observations made 

for the same trend observed in H2O2 observations.  Importantly, we acknowledge that the 

spectrophotometric IO3
- measurement is highly prone to interferences (Truesdale, 1978; Luther 

et al., 1988).  Seawater background measurements at 350 nm have the potential to correct these 

interferences (Hepach et al., 2020; Jones et al., 2023). 

Note that the controls with addition of SOD and MnCl2 (meant to test the potential to stop 

I- oxidation via scrubbing of superoxide or added preferred electron donor) were only relevant if 
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I- oxidation was observed in other controls, so are not considered further.  These data are available 

in Supplementary Table 1.1. 

DOI was not a focus of this study but was quantified in some instances for concentration 

(Table 1.2) as well as for 129I/127I ratios in incubations (described in the next section).  We note that 

DOI concentrations in measured incubations (~7.5-9.5% of total dissolved iodine) were larger than 

we anticipated for open ocean areas where DOI is commonly negligible or uncharacterized (Wong 

and Cheng, 1998).  DOI has previously been found to account for up to 10% of the total iodine 

pool in coastal areas (Chance et al., 2014). 

Incubation Sample Set Redox Timepoint Spectrophotometry (nM) ICP-MS (nM) 

8 162 (single) IO3
- t0 319 (n=1) 274 ± 42 (n=2) 

11 196-198 (average) IO3
- t0 309 ± 32 (n=3) 252 ± 51 (n=3) 

11 205-207 (average) IO3
- tf (142.5 h) 249 ± 8 (n=3) 252 ± 100 (n=3) 

12 210 (single) IO3
- t0 255 (n=1) 229 ± 20 (n=2) 

12 208-210 (average) IO3
- t0 255 ± 11 (n=3) 229 ± 35 (n=3) 

12 217-218, 315 (average) IO3
- tf (143.25 h) 209 ± 18 (n=3) 233 ± 5 (n=3) 

8 162 (single) DOI t0 - 46 ± 3 (n=2) 

12 210 (single) DOI t0 - 38 ± 7 (n=2) 

Table 1.2 IO3
- and DOI spot-check measurements compared via spectrophotometry and ICP-MS. 

1.4.3: 129I/127I isotope ratios 

While all incubations were measured for [IO3
-], we did not measure 129I/127I ratios for all 

incubations. This is because of the lack of variation observed in 129I/127I for the targeted ROS and 

other incubations. Measured 129I/127I ratios measured from chosen incubation experiments show 

no change over time beyond error bars in any of the incubations investigated (Figures 1.3–1.5).  

This includes IO3
-, I-, and DOI.  This also includes the 129I/127I of I- in the ROS-based incubations 

where a decrease in spectrophotometrically quantified [IO3
-] was observed. 

Initial 129I/127I ratios were consistent for measured I- samples, which was expected given 

that the spike was added to a larger stock volume of seawater that was then aliquoted for the 

incubations.  Average 129I/127I ratios for I- at t0 ranged from 0.29 ± 0.004 to 0.32 ± 0.002 at the 

surface.  Initial isotope ratios for IO3
- range from 0.0016 ± 0.0006 to 0.088 ± 0.0005 and 0.0008 ± 

0.0001 to 0.002 ± 0.0002 for 1 m (photic) and 240 m (subphotic) depths, respectively, with 

incubation 8 (photic, dark, filtered) being a slight outlier at 0.07 ± 0.00024.  It is notable that 129I 

was observed in both the DOI and IO3
- fractions, though it was added as I-.  Initial IO3

- and DOI 

values were still predictably quite low, as Hardisty et al. (2020) demonstrated the spike is 
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mostly 129I- with only minor 129IO3
-, with the same being expected for DOI.  Initial DOI values 

ranged between 0.005 ± 0.002 and 0.01 ± 0.003, with incubation 8 again being a slight outlier at 

0.05 ± 0.004 (Figure 1.4). 

1.4.4: Calculating I- oxidation rates and constraining uncertainty 

While oxidation was not observed, we quantified the maximum possible rates that would 

maintain our time series for 129I/127I of IO3
- within the error (1 s.d.).  Maximum daily gross rates 

of I-oxidation determined by incubation conditions were calculated using isotope mass balance 

equations outlined in Hardisty et al. (2020).  Average and standard deviation of triplicate initial 

and final incubation timepoint spectrophotometer measurements of 127[IO3
-], ICP-MS 

measurements of 127[I-], and MC-ICP-MS measurements of I- 129I/127I ratios and IO3
- 129I/127I ratios 

were used to first calculate the total IO3
- created from I- oxidation in incubations between t0 to 

t140 (tfinal). These calculations were then used to determine the rate (nM/day) of I- oxidation to  

IO3
-. 

𝑅𝑖𝑜𝑑𝑖𝑑𝑒𝑡
 =  

∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
129

∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
127

 Equation 1.1 

𝑅𝑖𝑜𝑑𝑎𝑡𝑒𝑡
 =  

∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
129  

[𝑖𝑜𝑑𝑎𝑡𝑒]𝑖
127 + ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡

127
 Equation 1.2 

Δ[𝑖𝑜𝑑𝑎𝑡𝑒] =  ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
129 + ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡

127  Equation 1.3 

The [𝑖𝑜𝑑𝑎𝑡𝑒]𝑖
127  (initial [IO3

-] pre-spike addition) and the isotope ratios of I- and IO3
- at a given 

time t (𝑅𝑖𝑜𝑑𝑖𝑑𝑒𝑡
 and 𝑅𝑖𝑜𝑑𝑎𝑡𝑒𝑡

, respectively) are measured (Equations 1.1, 1.2). Since I- oxidation to 

IO3
- is the only quantifiable source of 129I to 𝑅𝑖𝑜𝑑𝑎𝑡𝑒𝑡

 and negligibly fractionated, we can assume 

that changes in 𝑅𝑖𝑜𝑑𝑎𝑡𝑒𝑡
 from 129I and 127I are from I- oxidation (i.e., Δ[iodate] in Equation 1.3) are 

contributed at an isotope ratio equivalent to 𝑅𝑖𝑜𝑑𝑖𝑑𝑒𝑡
 (Equation 1.1). As such, Equation 1.1 can be 

rearranged to solve for ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
127  which can be substituted into Equation 1.2 to solve 

for ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
129 .  Plugging ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡

129  into Equation 1.1 then allows to solve 

for ∆[𝑖𝑜𝑑𝑖𝑑𝑒]𝑡
127  which then can be used in Equation 1.3 to solve for Δ[iodate]. Based on the 

measured standard deviations of 𝑅𝑖𝑜𝑑𝑖𝑑𝑒𝑡
 ,   𝑅𝑖𝑜𝑑𝑎𝑡𝑒𝑡

 , [𝑖𝑜𝑑𝑎𝑡𝑒]𝑖
127   values and the hours of the 

incubation, we can then solve for the rate of I- oxidation to IO3
- taking place in the incubations in 

nM/day (Table 1.3). 
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Incubation Incubation Parameters 
Maximum Rate from averages of 

first and final timepoints 

3 Photic, dark, unfiltered 0.94 nM/day ± 0.30 

8 Photic, dark, filtered 2.99 nM/day ± 0.53 

11 Photic, dark, filtered, +SOTS 0.45 nM/day ± 0.28 

12 Photic, dark, filtered, +H2O2 0.92 nM/day ± 0.24 

Table 1.3 Constrained rate measurements of I- oxidation to IO3
- in control incubations (incubations 

3 and 8) and those with addition of SOTS (incubation 11) and H2O2 (incubation 12).  Rates could 

only be calculated for incubations that included all parameters necessary for equations (1.1, 1.2, 

and 1.3). 
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Figure 1.3 Influence of 0.2μm filter on [IO3
-], [I-], IO3

- 129I/127I ratios, and DOI 129I/127I ratios for 

dark incubations.  No change seen in A) [IO3
-], B) [I-], C) 129I/127I IO3

- isotope ratio, or D) 129I/127I 

DOI isotope ratio results in filtered (incubations 8 and 16) or unfiltered (incubations 3 and 13) 

experiments. 

 
Figure 1.4 Influence of light on filtered seawater for [IO3

-], [I-], I- 129I/127I ratios, and DOI 129I/127I 

ratios. No change seen in A)  [IO3
-], B) [I-], C) 129I/127I I- isotope ratio, or D) 129I/127I DOI isotope 

ratio results in light (incubation 6) vs dark (incubation 8) experiments. 
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Figure 1.5 Influence of H2O2 and SOTS on filtered [IO3-], [I
-], IO3

- 129I/127I ratios, I- 129I/127I ratios, 

and DOI 129I/127I ratios for dark incubations. 

1.5: Discussion 

We measured the iodine speciation of shipboard incubations performed as part of the 

Bermuda Atlantic Time Series (BATS) in the Sargasso Sea in September of 2018, as well as depth 

profiles of [IO3
-] and [I-] from both BATS and Hydrostation S stations.  Depth profiles repeat a 

typical trend for iodine redox species in surface waters, including increases in I- at the sea surface 

and nearly complete IO3
- below the euphotic zone (Figure 1.2).  Incubation treatments described 

above (Table 1.1) tested the significance of the presence of the ROS O2
•− (added as SOTS) and 

H2O2 on IO3
- and I- concentrations in natural seawater settings. 

1.5.1: Temporal and methodological iodine comparison 

This is the first report of O2
•− at BATS, although iodine speciation at BATS and 

Hydrostation S has been previously reported through investigations of depth profiles of [I-] and 

[IO3
-] over time to a depth of up to 2500 m (Jickells et al., 1988; Campos et al., 1996) 
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(Figure 1.2A, Figure 1.6).  The similarities between measured iodine speciation profiles provide 

some constraints on the reproducibility of variable iodine speciation techniques used between labs.  

Our current measured data for depth profiles of IO3
- and I- at BATS generally agree with that 

of Campos et al. (1996) and demonstrate little change in iodine speciation with time.  We also 

extended those investigations here to the bottom waters at 4500 m.  While not the focus here, we 

note that our new bottom water data additionally show elevated I-, consistent with other studies 

demonstrating likely benthic I- fluxes in abyssal plains (Francois, 1987a; Francois, 

1987b; Kennedy and Elderfield 1987a; Kennedy and Elderfield 1987b; Moriyasu et al., 2023). 

Our data from Hydrostation S also generally overlaps with the range observed in Jickells 

et al. (1988); however, we note that our I- data have a range that extends below that of these 

previous data.  One explanation is that Jickells et al. (1988) measured I- via difference between 

total iodine – determined via a UV-oxidation technique – and the spectrophotometrically measured 

IO3
-, as was done here.  Note that the opposite is true for Campos et al. (1996), who reduced IO3

- to 

I- and calculated IO3
- via difference following voltametric analysis (Total I – I-).  For both cases, 

given that total iodine includes organic iodine, this implies the potential that DOI is contributing 

to either the I- or IO3
- pool, depending on the technique.  While not thoroughly evaluated in this 

study, we note that DOI concentrations in measured incubations were up to 10% of the total iodine 

pool, so this could explain the difference between ours and earlier studies. 

Alternatively, the difference is Hydrostation S data ranges between the two studies could 

reflect real changes in hydrography or primary production.  For the seasonal study of Jickells et al. 

(1988), these previous seasonal IO3
- lows and I- high values were generally observed in the 

summer and interpreted to reflect more limited water mass exchange, which allows the 

combination of local Bermuda inshore inputs and primary productivity to limit IO3
- availability.  

In the absence of a seasonal iodine context, it is difficult to explain the differences from our 

September 2018 data, but it is likely that increased water mass exchange – increasing the supply 

of high IO3
- and low I- from deeper waters and the Sargasso Sea generally – plays an important 

role.  For example, the similarities in our 2018 BATS and Hydrostation S data suggest the potential 

for increased hydrographic exchange between these two sites.  Further, the September 2018 

sampling overlapped with the passage of Hurricane Florence 750 miles southeast of Bermuda on 

September 9th, 2018.  While the mixed layer depth from September 2018 is like that of previous 



 

 31 

years, hurricanes have been documented to influence nutrient and other chemical parameters via 

increased mixing (Babin et al., 2004). 

We note that while seasonal iodine variations may be driven by variations in primary 

productivity and mixed layer depth, other factors may contribute to longer-term evolution of iodine 

speciation.  Specifically, Hughes et al. (2021) demonstrate that I- oxidation to IO3
- may be linked 

to nitrification, which is sensitive to a range of factors – e.g., light, O2, temperature, pH, and 

photochemically produced ROS (Pajares and Ramos, 2019; Morris et al., 2022).  Given the 

baseline iodine speciation conditions documented here and in previous studies, BATS may be an 

ideal location to track potential future changes in iodine speciation linked to predictions of 

evolving nitrification from global warming and ocean acidification (Bemen et al., 2012).  To our 

knowledge, the only other locations with multiple iodine measurements are from the Black Sea 

(Wong and Brewer, 1977; Luther and Campbell, 1991; Truesdale et al., 2001a) and Baltic Sea 

(Hou et al., 2001; Truesdale et al., 2001b; Aldahan et al., 2007; Truesdale et al., 2013), but iodine 

speciation changes there will additionally be sensitive to the well-known presence of hypoxia and 

euxinia. 

1.5.2: Limitations of experimental approach 

Prior to interpretations, it is important to discuss the limitations of our experimental and 

analytical approaches.  First, while isotope ratio variations (or lack thereof) form the basis of our 

interpretations, we note that variability in triplicate measurements in isotopes and concentrations 

measured via ICP-MS and spectrophotometry all contribute to the uncertainty of our rate 

calculations (Table 1.3).  As previously mentioned, we acknowledge that the spectrophotometric 

method of measuring [IO3
-] is prone to interferences and relatively low precision (Truesdale, 

1978; Luther et al., 1988).  For example, variation observed in the IO3
- concentration but not in 
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Figure 1.6 Comparison of previous BATS and Hydrostation S monthly concentration data of I- 

(●) and IO3
- (▲).  Data from Campos et al., 1996 (BATS) and Jickells et al. 1988 (Hydrostation 

S) (gray symbols, surface to 200 m (Hydrostation S) and to 600 m (BATS)) and this study (blue 

and cyan symbols, surface to 600 m). 

IO3
- isotope ratios for the ROS-amended incubations (Figure 1.5) is likely attributed to 

interferences and not iodine species variations (see Supplementary Information).  That said, 

beyond this example, there was general agreement between IO3
- concentration and iodine isotope 

trends in this study and between ours and previously measured IO3
- concentrations at Hydrostation 

S and BATS (Figures 1.2 and 1.6).  

Another important limitation is the duration of the experiments, which likely induced bottle 

effects in unfiltered conditions.  For example, a subset of our experiments was unfiltered in order 

to retain particles and native biological communities, but changes in community composition is 

well known within prolonged bottle experiments, even within 24 hours (or Berg et al., 1999).  Our 

experiments lasted ~140 hours (due to the known sluggish iodine oxidation kinetics) and the 

biological communities of unfiltered controls were not monitored.  As there were no nutrient 

enrichments in our unfiltered incubations, it is likely that native cells underwent physiological 

changes that altered the balance between phytoplankton and bacteria.  While not observed here, 

such a turnover could have shifted the balance between iodine oxidation and reduction, or 
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commenced cell senescence, which favors I- release (e.g., Bluhm et al., 2010).  This places a 

limitation on our ability to interpret biologically induced iodine oxidation and reduction in 

unfiltered incubations; however, biological turnover is not a factor in our filtered controls testing 

additional oxidation-reduction pathways. 

An additional limitation on our experiments is uncertainty regarding the superoxide 

concentrations and decay rate in the SOTS amended incubations.  Specifically, the superoxide 

concentration and decay rate were not quantified directly in these incubations.  That said, SOTS 

was added at a concentration estimated to produce an excess superoxide (25-55 nM instantaneous 

superoxide) relative to the natural waters of BATS (Figure 1.2).  The instantaneous superoxide 

concentration can be estimated from temperature-dependent decay constants – 4.3-9.9x10-5 s-1 at 

28.2-29.2°C (Heller and Croot, 2010) – and the observed superoxide decay constant from 

analogous oligotrophic waters (0.01 s-1; (Roe et al., 2016)).  While experiments were conducted in 

a shipdeck chamber continuously refilled with local surface water, the temperature was not directly 

monitored; however, we note that the biggest uncertainty in kSOTS comes from uncertainty in the 

values at a given temperature and not from the temperature range.  Regardless, the conservative 

estimate of 25 nM superoxide is still in excess of that measured in water column profiles from this 

study (Figure 1.2). 

1.5.3: Rates of I- oxidation 

Understanding the rates of I- oxidation to IO3
- is essential for already applied marine iodine 

cycling models (Lu et al., 2018; Wadley et al., 2020), but direct constraints are limited.  In this 

study, all incubations showed no discernible change in [IO3
-], [I-], or the 129I/127I of IO3

- beyond 

uncertainties over the timeframe of the incubations (~140 hours) (Figures 1.3–1.5). 

While direct observations of IO3
- production from I- remains an important goal, our use of 

a radiotracer still allows us to place novel constraints on the maximum rates of I- oxidation to IO3
-

based on the limitations of our analytical uncertainties (Table 1.3).  Specifically, a lack of change 

seen over time in these incubations in both concentration and 129I/127I ratios are used to constrain 

a rate of <2.99 nM/day ± 0.53 nM/day.  Previously calculated values of I- oxidation have been 

reported from BATS from mass balance studies to be between 0.74 and 18 nM/day (Table 1.4).  

The value calculated for our incubation studies fits well in this range (Table 1.2), supporting 

previous claims that oxidation of I- to IO3
- is slow in natural seawaters (Hardisty et al., 

2020; Carpenter et al., 2021). 
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Further, we observe non-negligible 129I in the initial post-spike sample for both the IO3
- and 

DOI incubation pools.  Hardisty et al. (2020) made a similar observation and provided some 

evidence that the iodine-129 spike, while overwhelmingly I-, contains some oxidized iodine.  An 

alternative explanation is that the IO3
- or iodine intermediates rapidly form upon addition to 

seawater or other solutions.  This observation implies the potential for near instantaneous 

formation of 129IO3
- or DOI upon addition of spike to samples.  Since the increase in 129I/127I was 

not ongoing, this would require rapid quenching of an existing oxidant in seawater, thus inhibiting 

further oxidation. 

Location Rate Method Source 

Bermuda Atlantic Time Series <0.44-2.99 nM/day 129I doped seawater incubations This study 

Bermuda Atlantic Time Series 0.74 nM/day Seasonal mass balance Campos et al., 1996 

Bermuda Atlantic Time Series <4-18 nM/day* Predicted from measured 

nitrification rates 

Hughes et al., 2021; 

Newell et al., 2013 

Martha’s Vineyard Sound 0.32-0.52 nM/day 129I doped seawater incubations Hardisty et al., 2020 

Pacific Gyre 1.53 nM/day Seasonal mass balance Campos et al., 1996 

Eastern Tropical Pacific 5.3±0.5×10-4 nM/day 1-Dimensional iodide oxidation 

model  
Moriyasu et al., 2023 

*Calculated based on BATS nitrification rates (Newell et al., 2013) and IO3
- production rate 2-9 

times that of nitrification (Hughes et al., 2021) 

Table 1.4 Previously reported daily I- oxidation rates. 

 

1.5.4: Role of reactive oxygen species in I- oxidation to IO3
- in natural seawater 

We provide here the most detailed and direct constraints to date of the potential for the 

ROS O2
•− (added as the chemical source SOTS) and H2O2 to oxidize I- to IO3

- in natural seawater.  

To the point, in our incubations with added O2
•− and H2O2, no oxidation of I- to IO3

- was observed 

in BATS seawater, as shown in 129I/127I ratios of IO3
- (Figure 1.5).  We emphasize that this does 

not completely rule out the role of ROS in I- oxidation broadly.  Below we consider the 

implications of these results in coordination with previous studies evaluating the role, if any, of 

ROS on iodine cycling. 

First, it is possible that ROS is preferentially reacting with dissolved organic matter or 

another component of seawater (e.g., Mn, NOx) (Wuttig et al., 2013; Li et al., 2014; Sutherland 

et al., 2021).  We did not constrain alternative electron acceptors here but given the oligotrophic 

nature of BATS and known low dissolved Mn (Wu et al., 2014), this would imply that preferential 

extracellular O2
•− scavenging relative to I- is common throughout most of the ocean, and 
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intracellular ROS have been shown to be a significant oxygen sink (Sutherland et al., 2021), hence 

diminishing the likely role of O2
•− in marine I- oxidation more broadly.  Some evidence for 

preferential reaction of ROS with other redox-active species may come from the interference 

observed for our spectrophotometric measurements of IO3
-.  Second, thermodynamic calculations 

predict that O2
•− alone forms iodine intermediates and cannot fully oxidize I- to IO3

-, so it is likely 

that iodine intermediates such as I2, HOI, or DOI, instead of IO3
-, in samples with excess H2O2 or 

SOTS added, are forming.  This implies a potential role of ROS in iodine redox species cycling 

but contrasts previous findings.  As discussed in detail in Luther (2023), reactions with O2
•− and 

I- forms I2 and subsequently I2
- (Bielski et al., 1985; Schwarz and Bielski, 1986).  I2 reacts quickly 

with organic matter to form DOI, which may act as a bottleneck in some environments to titrate 

I2 and prevent subsequent oxidation (e.g., Hardisty et al., 2020).  Since the 129I/127I ratio of DOI 

did not change in experiments (Figure 1.5E), it implies relatively little, if any, oxidation to 

intermediates forming DOI.  Beyond this, O2
•− is not favorable to subsequently oxidize I2/I2

- to 

form IO3
-.  Instead, •OH or O3 are required for subsequent HOI formation, and OH, O3, and 

H2O2 can then oxidize to IO2
-, and then subsequently to IO3

-.  O3 is not prevalent beyond the marine 

micro-layer and thus is unlikely responsible for I- oxidation elsewhere in seawater. 

Ultimately, these thermodynamic considerations imply that combinations of O2
•- and H2O2, 

and perhaps OH radicals produced during their reduction, are necessary for complete oxidation 

from I- to IO3
- via ROS.  Therefore, ROS most likely play a minor, if any, role in IO3

- formation 

given the combination of: slow predicted kinetics (e.g., Wong and Zhang, 2008), limited ROS in 

seawater relative to iodine, the up to four step oxidation sequence each consuming ROS (I- ➔ I2 ➔ 

HOI ➔ IO2
- ➔ IO3

-), abundance of DOM and other preferred electron acceptors/donor – such as 

Br and Mn – for ROS, titration of HOI with DOM, and the likelihood of back reactions of iodine 

intermediates to I-. 

1.5.5: Constraints on other redox pathways 

The lack of change in [IO3
-], [I-] or 129I/127I isotope ratios over the incubation period (~140 

hours) (Figure 1.4) for the incubations exposed to dark vs light conditions additionally provide 

constraints on the likelihood of iodine redox reaction pathways.  First, interactions between light 

and organic matter represent an abiotic pathway for ROS production (Morris et al., 2022).  

If 129IO3
- formation had been observed in the light experiments, an abiotic ROS mechanism could 

have been inferred from a lack of 129IO3
- in both the dark and light +SOD controls.  Second, natural 
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light is also suggested to aid in photo-reduction of IO3
- in seawater, although it is not known how 

important this reduction pathway may be for I- accumulation in the surface ocean (Spokes and 

Liss, 1996; Chance et al., 2014).  Conversion of IO3
- to I- observed in both isotopes and 

concentrations would provide evidence for such a pathway, but this was not observed in this study. 

1.5.6: Implications for marine iodine redox cycling and distributions 

Our results support mounting evidence that iodine cycling in some ocean regions, if not 

more broadly, may be considered semi-conservative.  From this perspective, given the relatively 

oligotrophic conditions at BATS (Lipschultz et al., 2002), it is perhaps not surprising that 

IO3
- production may be slow or isolated to specific depths or even seasons.  For example, 

laboratory cultures have identified nitrification as a possible pathway of IO3
- production, which 

occurs specifically at the nitrite maximum at BATS and other similar localities (Newell et al., 

2013; Hughes et al., 2021).  In addition, Luther (2023) provides thermodynamic constraints that 

OH is a powerful oxidant capable of producing IO3
-.  Oxygenated waters supporting dissolved Fe 

– such as hydrothermal plumes, some low oxygen zones, and the benthic boundary layer – produce 

elevated •OH via Fenton chemistry, which could oxidize I- to IO3
- (e.g., Shaw et al., 2021).  Luther 

(2023) also suggests that O3 and N2O can form IO3
-, indicating that marine microlayer (Carpenter 

et al., 2021) and the oxycline of oxygen deficient zones (Babbin et al., 2015) may be important for 

IO3
- production, respectively.  Lastly, IO3

- reduction in surface waters is more clearly linked to 

phytoplankton, which show seasonal distributions at BATS (Michaels et al., 1994; Michaels and 

Knap, 1996; DuRand et al., 2001). 

Ex situ mixing of source waters from “hotspots” of high primary productivity, oxygen 

deficient zones, and pore waters may initiate iodine speciation gradients in surface waters whose 

rates of change slow as water masses extend to the open ocean from coastal or productive settings.  

As a result, water mass mixing may have a more dramatic effect on the distribution of iodine 

species in the open surface ocean than previously known.  For example, Chance et al. 

(2020) and Chance et al. (2010) provided some evidence that diffusion/advection of IO3
- from 

below the mixed layer may be important for controlling surface ocean IO3
- abundance.  Even in 

oxygen deficient zones, Hardisty et al. (2021) provide evidence that below the oxycline that 

IO3
- has the potential to reflect water mass mixing, as opposed to clear in situ IO3

- reduction. 
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1.6: Conclusions 

We performed shipboard incubation experiments of seawater at the Bermuda Atlantic Time 

Series in the Sargasso Sea.  These included natural concentrations of iodine and the reactive 

oxygen species O2
•− and H2O2 to better understand the mechanisms of oxidation of I- to IO3

- in 

surface seawaters and better constrain the rates at which oxidation of I- to IO3
- takes place in the 

open ocean.  We provided evidence that rates of I- oxidation are extremely slow, if anything, on a 

daily timescale.  We explicitly tested the potential for iodine redox reaction with ROS, which did 

not oxidize I- within the resolution of our analytical uncertainty. 

Based on the sluggish iodine oxidation rates, it is likely that ex situ sources of 

transportation, such as water mass mixing and vertical diffusion, are more important in the 

distribution of iodine redox species from “hotspots” of formation, such as areas of very high 

biogeochemical activity, ODZ’s, and pore waters (Hardisty et al., 2021).  This study and similar 

continuing work will help to inform atmospheric models of O3 destruction and paleoredox models 

of IO3
- incorporation with carbonates for measurement of I/Ca values. 
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APPENDIX 
 

S.1 Assessing effects of H2O2 on potassium iodate (KIO3
-) in artificial seawater 

An artifact of incubations doped with ROS (SOTS, H2O2) was noticed to shift the 320 nm 

absorbance value of IO3
- samples from BATS +ROS incubations to greater values.  Specifically, 

there was a shift in the known I3
- absorbance curve trough at 320 nm to a higher absorbance value 

and longer wavelength over time (t0 ➔ tf), whereas control samples (photic, dark, filtered, with no 

addition of ROS (incubations 8)) showed no such shift (Supplementary Figure 1.1A).  This feature 

was seen exclusively in incubations with added SOTS and H2O2 at both photic and subphotic 

depths.  Importantly, +SOTS (incubations 11 and 19) and +H2O2 (incubations 12 and 20) measured 

again, nearly five years after collection and 3.5 years after initial spectrophotometric measurement, 

preserved the same trough shift as measured previously.  It is possible that this shift in the curve 

location could artificially increase nMIO3
- values for these samples (Supplementary Figure 1.1B 

and 1.1C) and “flatten the curve” which then indicates that ROS incubations decreased in [IO3
-] 

over time.  To confirm this interference was a result of SOTS and H2O2 addition specifically, we 

performed laboratory experimental incubations using concentration of H2O2 ([50 nM]) in both 18.2 

MΩ-cm water and artificial seawater (Instant Ocean Reef Crystals) with 500 nM KIO3
- added.  

These experimental incubations, along with respective controls without H2O2 addition, were 

performed over a six-day time period similar to that used for original BATS incubations, with four 

time points collected over six days (t0-t4) and frozen (-20°C) until analyzed with the same 

spectrophotometric method described for BATS incubation samples, described in section 1.3.3.2.  

Both 18.2 MΩ-cm water and artificial seawater samples with and without added H2O2 in this 

experiment showed no change in trough location, similar to that of incubation 8 “control” samples 

measured previously.  Therefore, it is likely that interactions within natural seawater with added 

ROS are causing the change seen in BATS incubations.  We also note small “notches” that appear 

around 370 nm in all measurements.  While uncertain of the source, our calculations utilize values 

from 320 nm, 350 nm, and 400 nm exclusively for IO3
- concentration calculations, and therefore 

this distinctive pattern is unlikely impacting our results. 
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Supplementary Figure 1.1 Spectrophotometer absorbance curves for A) incubation 8 (control), B) 

incubations 11 and 19 (+SOTS), and C) incubations 12 and 20 (H2O2) from t0 to tf.  Note the shift 

in trough location (red arrow) for +SOTS and +H2O2 incubations at both 1 m (photic) and 240 m 

(subphotic) depths.  This shift was not observed in 18.2 MΩ -cm water and artificial seawater 

laboratory incubations with increased [ROS]. 
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CHAPTER 2: MASS BALANCE CONSTRAINTS ON EUPHOTIC IODINE 

SPECIATION FROM GEOTRACES PACIFIC MERIDIONAL TRANSECTS 
 

2.1: Abstract 

Understanding the distribution of euphotic iodine in the ocean is necessary because of its 

importance in models of the oxygen cycle – including as a primary tropospheric ozone (O3) sink 

and tracer of modern and ancient oxygen deficient zones (ODZs).  The distribution of iodine 

species – the oxidized and reduced iodate (IO3
-) and iodide (I-), respectively – in oxic, euphotic 

ocean settings generally displays an increase in I- and corresponding decrease in IO3
- at low 

latitudes and approaching shorelines.  Sub-photic waters are nearly completely IO3
-.  These trends 

are well known, however, their driving mechanisms are not well resolved, thus impeding 

quantitative understanding of iodine cycling in these areas.  For example, I- is produced in situ at 

the sea surface through phytoplankton reduction of IO3
-, but I- re-oxidation is not well understood 

and seemingly relatively slow, which implies that ex situ conservative mixing processes may be 

an under-appreciated euphotic IO3
- source.  To quantitatively constrain euphotic iodine speciation 

trends in the Pacific Ocean basin, we measured iodine redox species concentrations in 

combinations of surface and depth profiles from the GEOTRACES GP15 (September 2018) and 

GEOTRACES GP17-OCE (December 2022) cruise transects from Alaska to Tahiti and Tahiti to 

Chile (56°N to 67°S), respectively, to complete the a high-resolution surface meridional transect 

of iodine with latitude and depth in the Pacific Ocean.  Iodine species vary in euphotic waters 

related to distinct biological zones, surface water masses, and climatological fronts.  Together with 

complimentary tracers (e.g., 7Be, Net Community Production (NCP)), we performed mass balance 

calculations quantifying the contributions of iodine species from ex situ sources such as upwelling 

and vertical diffusion in the Pacific via estimates of iodine incorporation into primary producers 

(I:C ratio) and measured IO3
- concentrations through the water column.  Our estimated 

phytoplankton I:C ratio of 1.2x10-2 in the South Pacific is found to be higher than previously 

reported values between 10-3 and 10-5, while a calculated euphotic IO3
- production flux of 0.23 

mmol m-2 d-1 fits well with previously reported values in the Pacific Gyre.  Together, these data 

demonstrate iodine variations related to non-redox specific physical and biogeochemical processes 

that offer important insights into the controls on IO3
- distribution on a basinal scale in modern and 

ancient marine settings.  
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2.2: Introduction 

Understanding the distribution of iodine in the surface ocean is important for the 

interpretation of iodine’s role in other widespread phenomena, such as those associated with the 

cycling of oxygen and paleoredox processes.  For example, because the oxygenated iodine species 

IO3
- is incorporated into the lattice of carbonate minerals, carbonate-bound iodine has been widely 

applied as a tracer of ancient marine oxygen (Lu et al., 2010, Hardisty et al., 2014).  Iodide at the 

sea surface is also a major sink for O3, as I- reduces O3 to O2 and forms iodine oxide (IO), which 

is then released back to the atmosphere (Carpenter et al., 2013, Luhar et al., 2017). 

Understanding the drivers of latitudinal trends of iodine redox species’ distribution at the 

sea surface is important for models of tropospheric O3 and dissolved oxygen (Cheng et al, 2024, 

Wadely et al., 2020).  In near-surface, oxygenated, euphotic waters, I-, iodine’s reduced species, 

concentrations are elevated at low latitudes, while IO3
-, iodine’s oxidized species, follows the 

opposite pattern (Chance et al., 2014).  As this trend is exacerbated in near-shore waters where 

rates of primary production are high, it is thought that the role of biology in iodine redox 

transformations, such as the rapid reduction of IO3
- to I- by bacteria and phytoplankton in surface 

waters (Hepach et al., 2020, Chance et al., 2014), is important to explain basin-wide trends in 

iodine concentration.  However, given likely slow rates of I- oxidation (Hardisty et al., 2020, 

Schnur et al., 2024), it is likely that ex situ sources of iodine redox species distribution, such as 

seasonal mixing, water mass transport, and benthic inputs from upwelling and coastal systems, 

may contribute to observed surface iodine redox species concentrations more than previously 

thought.  Seasonal mixing towards higher latitudes tends to be greater than in equatorial regions, 

therefore, the residence time of euphotic I- at lower latitudes is longer than in less-stratified polar 

waters. However, constraints on reduction and oxidation rates, as well as the impacts of mixing, 

are limited. 

Bacteria and phytoplankton are known to reduce IO3
- to I- in culture (Hepach et al., 2020, 

Moisan et al., 1994, Bluhm et al., 2010, Chance et al., 2007, Councell et al., 1997).  The 

mechanisms and function of IO3
- assimilation and/or reduction are not completely understood.  For 

example, IO3
- reduction via nitrate reductase has been previously suggested (Amachi et al., 2007, 

Tsunogai and Sase 1969), but recent studies have shown IO3
- reduction by these species even when 

nitrate is not a limiting factor (Hepach et al., 2020) or when nitrate reductase is deactivated (Waite 

and Truesdale 2003, Hung and Wong 2005).  Depletion of IO3
- in surface waters of vertical profiles 
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has also been suggested to be caused by bacteria’s uptake of IO3
-.  During logarithmic growth, IO3

- 

uptake has been shown to exceed I- production, leading to a deficit or a case of “missing iodine” 

(Hepach et al., 2020) in the iodine mass balance.  During senescence, this I- is finally released back 

into the water column, indicating a lag between high primary production and I- “production”.  

Determination of the level of influence of primary production on the iodine mass balance is vital 

to constraining current observed trends of I- distribution.  Previous studies have not directly 

compared rates of Net Community Production (NCP) along a transect to that of iodine speciation 

to determine the potential role in regulating meridional iodine trends (e.g. Janssen et al., 2020). 

We compare rates of NCP to total vertical mixing of IO3
- in the water column in the South Pacific 

here. 

The assimilation of iodine in phytoplankton and bacterial biogeochemical cycles can be 

understood through ratios of iodine relative to leading Redfield ratio nutrients, such as carbon, 

nitrogen, and phosphorous (106:16:1).  Values of total iodine are compared with those of carbon 

in phytoplankton here (I:C, ~1x10-4) (Elderfield and Truesdale 1980, Wadley et al., 2020, Chance 

et al., 2010, Jickells et al., 1988) to demonstrate the extent to which primary producers use iodine 

in the surface ocean.  I:C ratios can be used to understand the importance of iodine assimilation 

and regeneration by biology in euphotic waters as it pertains to the iodine cycle and IO3
- reduction. 

Iodate formation in surface waters is known to be slow (Hardisty et al., 2020, Schnur et al., 

2024, Moriyasu et al., 2023, Wadley et al., 2020, Luther et al., 1995) and is likely not formed 

ubiquitously across the world oceans, but punctuated within “hotspots” in space or time.  Because 

these mechanisms of in situ I- oxidation to IO3
- (i.e. oxidation by extracellular reactive oxygen 

species (ROS) (Sutherland et al., 2020, Schnur et al., 2024) or by nitrifying bacteria (Hughes et 

al., 2021)) are likely not the leading factor in iodine redox species distribution, it is important to 

consider ex situ methods of water mass movement that likely move IO3
- from these areas of 

formation into waters that would likely not otherwise have IO3
- incorporation.  Upwelling and 

vertical diffusion likely have a strong effect on this movement, as iodine is known to be found 

almost completely as IO3
- at depth, so the upward movement of deep waters to the surface would 

likely have a large effect specifically on IO3
- concentrations in surface waters.  However, the rates 

of this movement are yet unconstrained. 

As part of two complimenting cruises, measurements of iodine from GEOTRACES GP15 

and GP17-OCE together provide an extremely high-resolution view of the Pacific Ocean basin 
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relative to previous studies in any world ocean and widen our breath of understanding for euphotic 

iodine redox variations across areas of both in situ and ex situ influences.  This is important 

especially in the Pacific, as it is generally under-characterized (Figure 2.4) in regards to iodine.  

Several studies in recent years have revealed iodine’s importance and cycling complexities within 

the Pacific through high-resolution transects covering regional ODZs (Moriyasu et al., 2023, 

Moriyasu et al., 2020, Cutter et al., 2018 Evans et al., 2024), however, more studies are needed 

from well-oxygenated settings that characterize most of the ocean. 

A major part of the GEOTRACES mission is to understand the distribution and cycles of 

trace elements and their isotopes (TEIs).  As part of the “key” parameters for GP17-OCE, 7Be was 

measured to calculate the impact of ex situ vertical flux of nutrients and TEIs into and from the 

mixed layer.  These measured values of 7Be were used in combination with the value of the mixed 

layer depth (MLD) for each station to measure the upwelling (w) and vertical diffusion (Kz) rates 

of individual stations along the GP17-OCE transect.  7Be (t1/2 = 53.3 days) can be used in 

conjunction with IO3
- distribution in the water column to quantify the movement of iodine from 

deeper waters to the surface, as it is known that I- oxidation to IO3
- does not occur quickly, and 

possibly not ubiquitously (Schnur et al., 2024), in the surface ocean.  Moriyasu et al. (2023) 

completed similar calculations from two stations during GP15 which provide an initial framework 

that we expand in our study.  NCP – measuring the difference between gross community 

production and respiration of organisms – was also measured, and is also used for calculations of 

a mass balance of the Southern Pacific Ocean, specifically in calculation of an I- oxidation rate 

(Fox) and iodine/carbon (I:C) ratio for the South Pacific, here. 

We are completing measurements of IO3
- across the entire surface of the GP17-OCE 

transect with applications for 7Be , NCP, and IO3
- depth profiles measured at 12 stations (GP17-

OCE only) and surface iodine measurements at 109 stations from across GP15 and GP17-OCE.  

These data, combined with IO3
- depth profile values from GP15 from Moriyasu et al., 2023 – 

provide a full understanding of iodine across the Pacific Ocean at 152°W from 56°N to 67°S.  We 

interpret these sea surface iodine speciation trends in the context of regional primary producers, 

nutrient dynamics, and circulation.  For the southern Pacific, we perform a mass balance to  

calculate a phytoplankton iodine:carbon (I:C) ratio and I- oxidation flux (Fox).  
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2.3: Methods 

2.3.1 Sample collection 

In this study, we measured surface water IO3
- , I-, and dissolved organic iodine (DOI) from 

the combined GP15 and GP17-OCE transects and depth profiles of IO3
- from GP17-OCE, which 

are combined with those previously published from GP15 (Moriyasu et al., 2023).  Northern 

Pacific surface seawater samples (GP15) were collected by the R/V Roger Revelle from 36 stations 

and 18 intermediate stations (surface FISH samples only) between the Alaskan shelf and Papeete, 

Tahiti (Figure 2.1) between the dates of September 18, 2018 – November 24, 2018, using a towed 

fish (“Geo-fish”) extended off the side of the ship in conjunction with the ship’s flow-through 

seawater system at 0 m.  Surface FISH samples were taken within one hour of arrival at both 

profile stations and midway between profile stations.  A total of 54 surface-only samples were 

collected for trace element – including iodine speciation – measurements using the Go-fish and 

stored in 60 ml, semi-opaque, wide-mouth HDPE bottles that were sealed with parafilm.  GP15 

completed a meridional transect from 56°N to 20°S following a path directly south along 152°W.    

Fresh seawater was directed through Teflon tubing to a filtration manifold in the shipboard main 

lab clean bubble.  Seawater was filtered sequentially through a 0.45 µm, 10” filtration cartridge 

then a 0.2 µm, 10” cartridge and directly sampled for contamination-prone TEI’s, including iodine.  

Samples were frozen at -20°C and stored upright and in the dark for transport from Papeete, Tahiti, 

and stayed frozen through transport back to Michigan State University where they remained frozen 

for storage until iodine redox species measurement occurred nine months later.  It has been 

reported that frozen samples show no signs of total iodine degradation over the duration of one-

to-three-year periods assessed (Campos 1997, Farrenkopf et al., 1997, Hou et al., 2001, Jickells et 

al., 1988). 
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Figure 2.1 Station map of combined GEOTRACES GP15 (RR1814) and GP17-OCE cruises.  

Dashed line denotes GP15 cruise end/GP17-OCE cruise beginning stations.  Stations with 7Be 

measurements are denoted by station number.  Chlorophyll data from NOAA View Data 

Exploration Tool. 

Southern Pacific seawater samples (GP17-OCE) were collected by the R/V Roger Revelle 

from 54 stations linking Papeete, Tahiti, and Punta Arenas, Chile (Figure 2.1), between the dates 

of December 1, 2022 – January 25, 2023, from an onboard CTD using SIO STS 36-place yellow 

rosette and bottles.  Samples were collected for iodine speciation measurements from the 

GEOTRACES Trace Element Carousel sampling system (GTC) rosette, in opaque, amber, 125 ml 

high-density polyethylene (HDPE) Nalgene bottles that were pre-rinsed three times with 18.2 MΩ 

water (MQ) before shipment on GEOTRACES GP17-OCE.  GP17-OCE completed a meridional 

transect from 20°S to 67°S, beginning with a “crossover” station with GP15 at 20°S 152°W.  At 

67°S, a switch to a zonal transect was completed, turning north towards Punta Arenas on January 

12th.  FISH sampling was completed at all stations sampled for depth profiles and also at six 

individual “FISH only” stations in-between depth profile stations.  FISH samples were taken at a 
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depth of three meters and serve as a surface sample for all depth profiles (Figure 2.4).  Stations 

where depth profiles were collected were classified as Demi, Full-24, or Super, with 12, 24, or 36 

samples collected for each, respectively, and one ending shelf station with six samples collected.  

Samples were filtered using Acropak-500 0.8/0.2 µm capsule filters for removal of biological or 

particulate material.  Samples were frozen and stored upright in coolers for transport from Punta 

Arenas, Chile to Michigan State University where they were kept frozen in storage until iodine 

redox species measurement occurred. 

2.3.2 Analytical Methods 

2.3.2.1 Spectrophotometry 

60 ml (GP15) and 125 ml (GP17-OCE) sample bottles were briefly thawed and ~10 ml 

from all were subset in 15 or 50 ml Falcon tubes, respectively, for measurement on 

spectrophotometer before the remaining ~50/~115 ml were re-frozen for storage.  Iodate from all 

surface (FISH) (GP15) and FISH and depth profile samples from stations measured for 7Be (GP17-

OCE) (stations 1, 3, 6, 8, 10, 12, 14, 18, 20, 22, 25, and 35) were measured using Jickells’ (1988) 

spectrophotometric method at a 2.5 ml final sample volume, as outlined in Schnur et al., 2024.  

10% KI used in the method was made fresh daily for sample measurements, while 1.5 M sulfamic 

acid (H3NSO3) was made fresh monthly, as needed.  A standard curve slope (mstandardcurve) was 

recorded daily with known samples between zero and 500 nM potassium iodate (KIO3
-) in DI 

water measured.  Triiodide (I3
-) produced from the reaction described above is specific to IO3

- 

(Jickells 1988, Moriyasu et al., 2020, Moriyasu et al., 2023).  Iodate peaks and troughs were 

measured between 320 and 400 nm (𝐴(𝐼𝑂3
−)𝑥)  for calculation of IO3

- nM values (𝑛𝑀𝐼𝑂3−) in 

samples using the equation: 

𝑛𝑀𝐼𝑂3− = (𝐴(𝐼𝑂3
−)350 − (𝐴(𝐼𝑂3

−)320 + 𝐴(𝐼𝑂3
−)400)/2) ∗ 𝑚𝑠 tan 𝑑𝑎𝑟𝑑 𝑐𝑢𝑟𝑣𝑒 

Standard curve slopes and absorbance values at specified nm values were used to calculate nM 

[IO3
-] values for all samples. Measurements were made on a  VWR UV-Vis Scanning 3100 PC 

spectrophotometer and accompanying UV-Vis Analyst software using VWR®. 

GP15 surface FISH samples were measured using two-sided disposable plastic cuvettes for 

measurements within the visible range (300-900 nm), path length 10 mm.  Duplicates of samples 

were run with good consistency and agreement.  GP17-OCE FISH and depth profile samples were 

measured similarly, all in duplicate, using Fisherbrand® Semi-Micro Quartz Cuvettes (Cat. No. 

14-958-126), path length 200-2500 nm. 
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2.3.2.2 Ion Chromatography and ICP-MS 

Dissolved Organic Iodine (DOI) was measured in all surface samples from GP15.  Iodide 

was measured in all surface samples from GP15 and GP17-OCE, but not in depth profiles of GP17-

OCE.  To separate I- and DOI from seawater samples, a previously established ion-exchange 

chromatography method was used, as is described in Chapter 1 of this dissertation (Schnur et al., 

2024, Wong and Brewer, 1977, Hou e al., 1999, Hou et al., 2007, Hou et al., 2009, Hardisty et al., 

2020, Hardisty et al., 2021, Moriyasu et al., 2023).  Separated I- and DOI fractions were measured 

via ICP-MS as I- in each sample described above.  Yields from I- measurements on ICP-MS are 

known to reach ~100% (Hardisty et al., 2020).  Glass columns used for iodine redox species 

separation were packed with PYREX glass wool and 1 ml (volumetric) AG1-X8 resin that was 

cleaned of any residual iodine after packing using one full ion-exchange chromatography 

“cleaning” procedure (substituting sample for 18.2 MΩ-cm water) before samples were run 

through columns for collection of iodine redox species using the same chromatography procedure. 

About 10 ml of each sample – of which the mass was quantified gravimetrically before addition – 

were used during each procedure. 

The ion chromatography procedure specifically elutes I- from the seawater matrix.  DOI 

was separated from whole seawater via specific chromatography steps (Hardisty et al., 2020) and 

reduced to I- before ion chromatography eluded DOI as I- for measurement.  For quality control, 

at least one 200 ppb I- solution diluted from a 1000 ± 4 ug/ml I- solution in 1% tetraethyl 

ammonium (TEA) standard was run alongside samples through columns as a monitor of iodine 

elution efficiency from columns to estimate yields. At least two 18.2 MΩ-cm water blanks were 

also run as monitors of contamination with sample sets. At least one sample replicate was also 

included in each column set for assessment of reproducibility between column runs. 

Iodide concentrations for GP15 and GP17-OCE samples were measured after separation 

by column chromatography using a Thermoscientific iCap triple-quad inductively coupled plasma 

mass spectrometer (ICP-MS-TQ) using Qtegra software version 2.10.3324.131 in both single-quad 

(SQ) and triple-quad (TQ) mode with O2 reaction cell gas.  A Teledyne ASX520 autosampler was 

used to deliver liquid solution to ICP-MS.  Samples were diluted 1:20 or 1:40 in a 0.9% tetramethyl 

ammonium hydroxide (TMAH)/0.1 M nitric acid (HNO3) or 0.45% TMAH/0.05 M HNO3 

solution, respectively.  The same dilutions were used for ICP-MS rinse solutions.  Data was 

corrected relative to the internal standards In, Rh, and Cs.  Internal standards used were from 
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Inorganic Ventures© – In was a 1001 ± 3 μg/ml solution in 2% HNO3; Rh was a 999 ± 5 μg/ml 

solution in15% HCl; and Cs was a 1000 ± 4 μg/ml solution in 0.1% HNO – to create a 5 ppb 

internal standard solution that was spiked into each measured sample directly or using an inline 

mixing chamber.  The I- standard used for creating standard curves and column standard samples 

was a 1000 ± 4 μg/ml I- solution in 1% tetraethylammonium (TEA). 

2.3.3 Mass Balance of the Southern Pacific Ocean 

2.3.3.1 Regression for determining iodine oxidation and organic assimilation 

For the GP17 stations only, iodine-carbon (I:C) ratios and I- oxidation rates (Fox) are calculated via 

a mass balance from IO3
- values across the euphotic zone (Equation 2.1).  Equation 2.1 assumes 

that upwelling (w), vertical diffusion (Kz), and primary production (NCP and rI:C) and 

oxidation/reduction (Fox) are the main factors impacting the iodine cycle in these waters.  The 

equation and parameters used to estimate I:C and Fox are adapted for iodine from Kadko 2017’s 

description of 7Be values over depth in the open Pacific Ocean water column, using values of IO3
- 

over depth and at the base of the euphotic zone ([IO3
-
euph]) and using calculated values of NCP 

(Figure 2.2).  By assuming steady state, this equation can be simplified to form of a linear line, 

where the merged upwelling/advection term (Fmix) and NCP are y and x respectively, and are 

measured parameters that can be used to solve for the slope and intercept (rI:C and Fox, 

respectively).  

𝐹𝑛𝑒𝑡 = 0 = {𝑤 ∗ [𝐼𝑂3
−]𝑒𝑢𝑝ℎ +  𝐾𝑧 ∗ (

𝛿𝐼𝑂3
−

𝛿𝑧
)

𝑒𝑢𝑝ℎ
} −  𝑁𝐶𝑃 ∗ 𝑟𝐼:𝐶 +  𝐹𝑜𝑥 Equation 2.1 

 

Figure 2.2 Representation of values used in Equation 2.1 for mass balance calculation.  Dotted 

line indicated depth of the mixed layer, while top solid line represents air-sea boundary.  Base of 

euphotic zone is represented by bottom solid line of figure. 
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This equation assumes that a single value for an I:C ratio and oxidation/reduction rate are fully 

representative of the whole transect, which is represented by a linear regression of values of 

calculated NCP and Fmix, equaling the first section of Equation 2.1, which includes values for 

upwelling (w), vertical diffusion (Kz), [IO3
-] at the base of the euphotic zone, and [IO3

-] over depth 

from the base of the mixed layer to the base of the euphotic zone (Equation 2.2).  Details for the 

origin of w and Kz are given in section 2.3.3.2. 

In this regression, the calculated value for the regression slope is rI:C – the rate at which 

iodine is incorporated into primary producers.  The intercept is Fox, the IO3
- formation rate in mmol 

m-2 d-1.  Contributions of IO3
- were calculated using concentrations of IO3

- at the base of the 

euphotic zone ([IO3
-]euph), IO3

- concentrations over a gradient ((
𝛿𝐼𝑂3

−

𝛿𝑧
)

𝑒𝑢𝑝ℎ
), and calculated NCP 

used to find the I:C ratio (iodine that has been incorporated into primary producers, bacteria and 

phytoplankton (𝑟𝐼:𝐶)), and the oxidation rate of I- (Fox) (Equation 2.1).  The base of the euphotic 

zone was established at each station individually using a deterministic approach of fluorescence 

through the water column, where the end of the euphotic zone is signaled by a return to the level 

of noise after fluorescence peak, in most cases, a return to ~0.017 V (Figure 2.5) (Kadko 2017, 

Marra et al., 2014).  The closest available iodine sample from each calculated depth was used to 

determine gradients of iodine concentration over depth.  Gradients were simply calculated using: 

[𝐼𝑂3
−]𝑧−[𝐼𝑂3

−]𝐻

𝑧𝑧− 𝑧𝐻
  Equation 2.2 

where z is the bottom of the particle production zone (PPZ) (Kadko 2017) or the depth at which 

the measured fluorescence returns to background from peak (Figure 2.5), and H is the measured 

MLD for the station (Table 2.3). 
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2.3.3.2 7Be as a means of assessing upwelling (w) and vertical diffusion (Kz) rates 

7Be was measured at 12 vertical profile stations (Figure 2.1) and data is available: 

https://www.bco-dmo.org/project/920228?&order=field_deployment_name&sort=desc.  

Calculated values of upwelling (w) and vertical diffusion (Kz) were provided via collaboration.  

Below we summarize these calculations and implications for iodine. 

Figure 2.3 7Be (t1/2 ~53 days) can be used to infer upwelling (w) and vertical diffusion (Kz) rates 

as a result of dilution in water column [7Be] from upwelled 7Be-free deep waters (A).  The flux of 

IO3
- into IO3

--poor euphotic waters from rich deep waters can be traced using 7Be calculated w 

and Kz values (B). 

The mixing portion of Equation 2.1 requires constraints on vertical diffusion and advection.  

7Be can be used as this tracer.  7Be is deposited on the sea surface through precipitation and stays 

condensed there as its short half-life (t½ ~53 days) does not allow for diffusion to deeper depths 

(Figure 2.3).  While upwelling of 7Be-free bottom waters occurs through mixing in the water 

column, the resulting dilution of 7Be in surface waters can be used to infer upwelling (w) and 

vertical diffusion (Kz) rates using methods from Kadko et al., 1996, 2011, 2017, and 2020.  Using 

the inventory of 7Be through the water column at specific GP17-OCE stations and knowledge of 

the mixed layer depth (MLD) at these stations (Table 2.3), it is possible to calculate the rate of 

upwelling and vertical diffusion occurring at these sites.  These rates directly affect the distribution 

of trace elements, such as iodine, in the Pacific basin.  With them, we are able to predict the total 

advected and diffused IO3
- through the water column and calculate the overall oxidation rate and 

uptake of iodine into primary producers (I:C), thereby determining the mass balance of iodine for 

the Southern Pacific basin (section 2.3.3.1, Equation 2.1). 

https://www.bco-dmo.org/project/920228?&order=field_deployment_name&sort=desc
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Site-specific measurements of MLD and [7Be] for both the bulk station and just below the 

mixed layer, and a known decay constant of 0.13 day-1 were used for calculation of the basin mass 

balance by first being used to calculate upwelling (w) and vertical diffusion (Kz) rates at these 

specific stations (Kadko and Olson, 1996, Kadko 2017).  Calculations by collaborators were 

completed using the procedure of Kadko and Olson (1996), starting with the one-dimensional 

numerical model: 

7𝐵𝑒(𝑧) = 7𝐵𝑒0𝑒−(𝜆/𝐾𝑧)1/2𝑧 Equation 2.3 

Where 7Be(z) is the 7Be activity at any depth (z) below the mixed layer, 7Be0 is the 7Be activity at 

the base of the mixed layer, λ is the decay constant of 7Be described above, and Kz is the apparent 

vertical diffusion coefficient. 

Outside the equatorial region, the one-dimension numerical model described by Equation 

2.3 and a Monte Carlo method using these calculations to determine the best fit Kz was used for 

calculations at each station, where Kz is assumed constant over depth and time.  The model to 

calculate initial Kz values was initialized with a zero 7Be inventory on January 1, 2018, and run 

until the sampling date nine to 11 months later; for more than five half-lives of the isotope.  For 

the Monte Carlo approach, a random value of F (where F = λ*inventory) for Equation 2.5 was 

chosen based on its measured mean and standard deviation (assuming a normal distribution).  A 

value of Kz was chosen between 0 and 15x10-5 m2/s in 0.5x10-5 m2/s increments (30 Kz values) 

and the depth profile of 7Be concentration was determined.  Kz values producing the least root 

mean square deviation were recorded.  This technique was repeated for n = 10000 model runs with 

varying values of F.  The resulting mean and standard deviation of best fit Kz values was 

determined.  Equation 2.4 below describes the calculations done for 7Be depreciation over the first 

150 m of the water column (represented by 150 boxes (i) of 1 m depth (z) each at ∆t = 0.005 d), 

while Equation 2.5 is used to explain all depths deeper than 150 m. 

𝛥𝐶1  =  { 
𝐹

𝑧
 −  𝜆 • 𝐶1  + 𝐾𝑧 • [𝐶2 −  𝐶1] }  • 𝛥𝑡2 Equation 2.4 

𝛥𝐶𝑖  =  { − 𝜆 • 𝐶𝑖  + 𝐾𝑧 •
[𝐶𝑖+1 − 2•𝐶𝑖 + 𝐶𝑖−1]

𝑧𝑖2 
}  • 𝛥𝑡3 Equation 2.5 

MLDs for these calculations were obtained from the Japan Agency for Marine-Earth Science and 

Technology Mixed Layer Data Set of Argo Grid Point Value (JAMSTEC MILA GPV), which 

provides monthly average MLD from Argo profile data on a 1° x 1° grid (Hosodo, 2010). 
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It is also possible to determine vertical diffusion rates calculated by nonlinear regression 

of [7Be] with depth below the mixed layer (Figure 2.2), with a single station (here, station 25) 

designated as an offshore “non-upwelling” station by way of the methods of Kadko 2017, where 

the 7Be inventory is non-decreasing or changes the least for all of the stations measured.  These 

calculations were done in parallel, and values for Kz and were found to be corresponding to those 

from collaborators for all stations.  Calculation of Kz was begun using a one-dimensional vertical 

advection-diffusion equation, as described in Kadko (2017): 

𝐶𝑧 = 𝐶0𝑒−𝑎∗(𝑧−𝐻) Equation 2.6 

where H is equal to the found mixed layer depth (MLD) of the station, C0 is equal to a constant 

[7Be] within the mixed layer, and Cz is equal to the [7Be] at any depth below the mixed layer, which 

eventually decays to zero at some depth z.  The value of α that is calculated from the nonlinear 

regression of Equation 2.6 is used for the derivation of Kz in the method of Kadko 2017. 

Upwelling (w) values were determined using the equation: 

𝑤 =  (
1

𝐶0
) ∗ (𝑓 − (𝜆 ∗ 𝐶𝑖𝑛𝑣))  Equation 2.7 

Where λ is the 7Be decay constant, 0.13 day-1, and f is λ multiplied by the 7Be inventory of the 

chosen “non-upwelling” station.  The change in inventory of 7Be of individual upwelling stations 

relative to that of the designated “non-upwelling” station allows us to determine the upwelling 

rate, as it is used to assume the unchanging atmospheric flux of 7Be into the surface layer (Kadko 

2017).  Changes due to horizontal advection were not considered for these calculations.  Our results 

compare well to similar studies (Table 2.1) using this and similar methods for calculation of 

upwelling in open ocean regions. 

Site Upwelling rate (m/d) with 0 m/s 

horizontal advection rate 

Citation 

Peruvian Coastal Upwelling Region 0-3 Kadko 2017 

South Pacific Ocean basin 0-3.71 This study; Stephens and He (2024) 

Coastal Peru and Mauritania 0.95-2.42 Steinfeldt et al., 2015 

Table 2.1 Comparison of range of upwelling rates found between this and previous studies. 
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Figure 2.4 Measured GP15 (red triangle) and GP17 (orange diamond) surface A) IO3
-, and B) I- 

concentrations overlayed on Chance et al., 2014, Sherwen et al., 2019, and Huang et al., 2005 

iodine latitudinal profile data; Cruise tracks of GP15 (RR1814) and GP17-OCE overlaid on C) 

chlorophyll distribution and D) sea surface temperature at time of sampling throughout basin.  

Latitudinal lines are equal through the entire figure, starting from the left.  Major ocean currents 

possibly impacting iodine distribution outlined in gray with pointed direction.  Gray 

vertical/horizontal dashed line denotes GP15 cruise end/GP17-OCE cruise beginning stations.  

Yellow horizontal dashed lines indicate changes in Longhurst (Longhurst, 2007) regime for 

biogeochemical provinces (indicated right) that GP15 and GP17-OCE traversed during cruises. 

Zone Full Name Biome 

PSAE Eastern Pacific subantarctic gyres Westerly 

NPPF North Pacific polar front Westerly 

NPTG North Pacific Tropical gyre Trade Wind 

PNEC North Pacific equatorial counter current Trade Wind 

PEQD Pacific equatorial divergence Trade Wind 

SPSG South Pacific gyre Trade Wind 

SSTC South subtropical convergence Westerly 

SANT Subantarctic water ring Westerly 

ANTA Antarctic Polar 

APLR Austral polar Polar 

Table 2.2 Full names and assigned biomes of Longhurst biogeochemical zones traversed by GP15 

and GP17-OCE as found in Figure 2.4. 
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2.4: Results 

2.4.1 Iodine speciation 

2.4..1.1 FISH iodine speciation across a full Pacific meridional transect (GP15 and GP17-OCE)  

Iodine speciation is reported here for the Pacific Ocean basin from 56°N to 67°S, completing a 

high-resolution iodine meridional transect of the Pacific Ocean at 152°W.  Surface ocean values 

of I-, IO3
-, and  DOI are reported for GP15 (red triangles) and [I-] and [IO3

-] are reported for GP17-

OCE (orange diamonds) (Figure 2.4, Figure 2.9).  These values reported alongside previous iodine 

data from the Pacific (Chance et al., 2014, Sherwen et al., 2019, Huang et al., 2005), provide 

further context and allow for comparison of iodine species’ concentrations over time and in a 

similar basin.  New GP15 and GP17-OCE [IO3
-] and [I-] data reported here generally overlap with 

previously reported Pacific iodine species trends and allow for a critical interpretation of iodine in 

the undercharacterized Pacific Ocean at a single longitude. DOI measured over the GP15 

latitudinal transect shows that there is an active DOI pool of iodine in the surface ocean in the 

North Pacific, and that pool may be higher in concentration than previously thought for the open 

ocean (Wong and Cheng 1998, Chance et al., 2020). 

2.4.1.2 Iodine speciation in depth profiles (GP17-OCE, GP15; 0-500 m) 

Depth profiles of [IO3
-] (nM) from stations where 7Be was also measured (stations 1, 3, 6, 8, 10, 

12, 14, 18, 20, 22, 25, and 35) are detailed in Figures 2.6 and 2.7.  Stations show predictable change 

over latitude for IO3
- distribution with depth, with values at lower latitudes reaching ~400 nM 

consistently in deeper waters (Chance et al., 2014).  Profiles show typical outlines of iodine 

through the water column, as IO3
- is elevated at depth, and shows the influence of the euphotic 

zone clearly – where bacteria and phytoplankton are known to reduce IO3
- to I- concentrations 

(Hepach et al., 2020, Chance et al., 2014).  

  



 

 62 

Station Latitude Longitude H (MLD) 

(m) 

Alpha λ (/day) Rate of vertical 

diffusion (Kz) 

(m2/s) 

Upwelling 

rate (w) (m/s) 

1 -20 -152 14 0.0139 0.013 5.7E-04 0 

3 -25 -151.25 20 0.00772 0.013 9.31E-04 1.01 

6 -32.5 -150 40 0.01861 0.013 4.60E-04 0.043 

8 -37.5 -149.28 44 0.02654 0.013 1.73E-04 0.15 

10 -42.5 -148.47 10 0.01667 0.013 4.6E-04 0.25 

12 -47.5 -147.52 38 0.01797 0.013 1.2E-04 0.84 

14 -52.3 -146.4 77 0.02480 0.013 4.59E-05 1.48 

18 -56.3 -145.28 34 0.00525 0.013 1.3E-03 3.71 

20 -57.6 -144.86 46 - 0.013 - - 

22 -60 -144 58 0.00773 0.013 2.37E-04 1.67 

25 -67 -134.99 18 0.17230 0.013 5.02E-05 2.19 

35 -54.35 -76.55 26 0.00757 0.013 8.89E-04 0.95 

Table 2.3 Values of mixed layer depth (MLD), calculated alpha, vertical diffusion rates (Kz) and 

upwelling rates (w) for stations with measured 7Be.  Station 20 is omitted because of a torn hose 

that led to compromised data, so calculations for this station could not go further.  These values 

assume zero horizontal flux (F). 
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Figure 2.5 Fluorescence over depth at stations with [7Be]  measurements.  The bottom of the 

partial production zone (PPZ) is defined as z (Table 3.3), the depth at which fluorescence returns 

to background noise; here, about 0.017 V at each station measured for 7Be. 
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Figure 2.6 Depth profiles of [IO3
-] (black circles, nM) from selected GP17-OCE stations where 

[7Be] is also available.  Note that Station 1 is in equatorial waters, with an increase in latitude 

corresponding with increase in station number.  Stations in high-latitude waters show great 

consistency with depth of [IO3
-] values, at ~400 nM.  Temperature values (gray squares, °C) for 

each depth profile are included for each plot with a secondary x-axis (bottom).  Vertical diffusion 

(Kz) rates are found to be highest at stations 3, 18, and 35, which may explain some of the 

variability in concentration seen at Station 3 with depth. 
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Figure 2.7 Interpolation of IO3
- and temperature (⁰C) with depth (6000 and 500 m) in the water 

column along the GP15 and GP17-OCE cruise track. 
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 66 

2.4.2 Calculations from mass balance components 

Upwelling (w) and rates of vertical diffusion (Kz) were calculated from methods outlined 

above (section 2.3.3.2) and are used moving forward to aid in calculations of I:C and Fox, along 

with the [IO3
-] data found from measurement of these specific depth profiles, for calculation of a 

mass balance of the Southern Pacific Ocean basin.  Results for each station are shown in Table 

2.3.  A mass balance for calculating I:C ratios during primary production and I- oxidation flux in 

euphotic waters was completed for the Southern Pacific Ocean using methods from Kadko (2017, 

Kadko and Olson 1996) and Hardisty (2020).  Rates of w and Kz were calculated using methods 

from Kadko (2017) and Kadko and Olson (1996), where a value of F, describing the observed 7Be 

inventory, was randomly chosen based on its measured mean and standard deviation assuming a 

normal distribution across the water column.  Horizontal advection was set at 0 m/s for these 

upwelling calculations.  From the mass balance, Fox was calculated at 0.23 mmol m-2 d-1, and the 

I:C ratio for the South Pacific was calculated at 1.2x10-2 (Figure 2.8). 

Figure 2.8 Net community production (NCP) of each station plotted against Fmix, the 

multiplicative section of Equation 2.7 that includes values for upwelling (w), vertical diffusion 

(Kz), [IO3
-] at the base of the euphotic zone, and [IO3

-] over depth from the base of the mixed layer 

to the base of the euphotic zone.  Values for rI:C and are calculated from the linear regression found 

of all stations (excluding station 18) sampled for 7Be and IO3
-.  This calculation assumes a singular 

value for both I:C ratio and Fox for all stations. 
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Station z (m) IO3
- depth [𝐈𝐎𝟑

−]𝐞𝐮𝐩𝐡 (nmol) (
𝛅𝐈𝐎𝟑

−

𝛅𝐳
)

𝐞𝐮𝐩𝐡
(nmol/m) NCP 

(mmol/m2/d) 

1 242.214 200.3 367.78 1.03 -5.84 

3 295.5624 236 372.12 0.91 2.03 

6 258.2594 249.9 346.01 0.43 -1.84 

8 231.7896 225.3 395.52 0.40 -2.37 

10 258.8726 250.1 401.97 0.29 9.58 

12 207.2616 149.7 393.31 0.15 23.37 

14 255.2 149 374.28 0.01 -3.58 

18 145.5328 139.7 407.97 0.07 -22.66 

20 208.488 150.1 443.30 0.43 12.84 

22 208.8968 124.1 433.39 0.65 24.67 

25 182.427 175.2 306.62 -0.30 35.73 

35 129.3852 124.6 376.31 0.62 25.00 

Table 2.4 The base of the euphotic zone is based on the point at which the fluorescence decreases 

to background levels (~0.017 V) after peak fluorescence shown in Niskin bottle depth profiles 

from GP17-OCE.  

2.5: Discussion 

2.5.1 Temporal and methodological iodine comparison 

 Although some past studies have measured iodine redox species in specific sections of the 

Pacific Ocean (Figure 2.6), our study, combined with that of Moriyasu et al., 2023, is the most 

comprehensive study of iodine across the Pacific Ocean to date.  Our new redox species 

concentration data provide a wholistic framework for euphotic iodine speciation across the Pacific 

Ocean.  The observed trends of iodine at 152°W with latitude across the Pacific basin follow the 

generate pattern observed in this and other ocean basins (Chance et al., 2014, Wadley et al., 2020), 

but also provide insights into drivers of this distribution.  In general, at lower latitudes where higher 

sea surface temperatures increase stratification, iodine speciation is in disequilibrium, with 

elevated [I-] relative to the oxidized [IO3
-]  (Chance et al., 2014) (Figure 2.4).  The in situ reduction 

of IO3
- to I- by phytoplankton and bacteria in surface waters drives initial I- accumulation at the 

sea surface.  We hypothesize that a combination of slow oxidation kinetics of I- and vertical mixing 

with high -IO3
- sub-photic waters play an additional important role in euphotic iodine speciation 

distribution with latitude. 

Iodine speciation is assessed here across diverse biogeochemical gradients as defined by 

Alan Longhurst (2007), as areas of high primary productivity, ODZs and pore waters that may be 

sources of iodine redox cycling (Figure 2.4).  Surface samples measured for iodine redox transect 
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measurements and selected depth profiles (Figures 2.4, 2.6, and 2.9) used for calculation of the 

iodine mass balance here are not impacted by oxygen deficiency, and therefore we do not expect 

lower than average [IO3
-] that might otherwise impact mass balance calculations (Evans et al., 

2020, Carpenter et al., 2014, Hardisty et al., 2020).  Depth profiles of IO3
- measured at 12 stations 

across the GP17-OCE transect show typical distribution concentrations (Chance et al., 2014, Tian 

et al., 1995, Cheng et al., 2024) and are generally found at about 400-450 nM concentration at 

depth.  Profiles at lower latitudes show some decrease in [IO3
-] at the surface, giving way for the 

higher [I-] that is expected in euphotic waters at these latitudes as a result of reduction by bacteria 

and phytoplankton (i.e. Synechococcus, Prochlorococcus) that are prevalent there (Hepach et al., 

2020, Chance et al., 2014). 

For a comparison to and validation of our data, we compiled known Pacific sea surface 

IO3
- and I- data.  Studies that measure iodine redox concentrations in areas of the Pacific that are 

known to be areas of large OMZs have been omitted from comparison with this data as iodine 

redox species show very specific profiles through these areas (low surface IO3
- and high surface I- 

through the most prolific sections of the OMZ) that differ significantly from oxygenated, open 

ocean environments (Evans et al., 2020).  The specific OMZ impacting comparisons of Pacific 

data here is located in the Eastern Tropical North Pacific (ENTP), which stretches from the coast 

of Mexico out to the open ocean at about 20°N.  At 152°W, waters are fully oxygenated and the 

OMZ is not affecting our iodine concentration measurements. 

The concentrations of IO3
- and I- measured here generally overlap with previous studies 

across the Pacific Ocean  (Figure 2.6).  Iodine’s specific trends in concentration across latitude are 

well-known, with I- decreasing at high latitudes and increasing in productive low latitudes, and 

IO3
- inversely trending with high concentrations at higher latitudes where upwelling brings IO3

-–

concentrated water to the surface and with low concentrations in low latitudes where bacteria and 

phytoplankton quickly reduce IO3
- to I- (Chance et al., 2014, Hepach et al., 2020, Schnur et al., 

2024).  Other studies have measured sections of the Pacific (Elderfield and Truesdale, 1980, 

Mctaggert et al., 1994, Nakayama et al., 1985, Tsunogai and Henmi 1971, among others) (Figure 

2.4, blue circles), but none have measured these concentrations across such a full transect of the 

Pacific.  Importantly, the compiled data show comparable results despite variable analytical 

techniques. Ours and previous studies use a variety of methods to measure concentrations of IO3
- 

and I-, the most common of which is spectrophotometry (Tsunogai and Henmi 1971, Jickells 1988) 
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for IO3
- and cathodic-strip voltammetry (Campos et al., 1997, Wong and Zhang 1992), ICP-MS 

(Hardisty et al., 2020, Hardisty et al., 2021, Schnur et al., 2024, Ştreangă et al., 2023), and IC 

methods (Jones et al., 2023, Hu et al., 2002) for measurement of I-.  With recent advances in ICP-

MS methods (Hardisty et al., 2020, Hardisty et al., 2021), ICP-MS is becoming a very precise way 

to measure concentrations of I- in seawater, where previously its low concentrations in seawater 

have sometimes lead it to be estimated by the difference of total iodine (TI) and IO3
- in samples  

Figure 2.9 Measured GP15 DOI concentrations versus latitude in the Pacific Basin plotted with 

DOI data from Huang et al., 2005. 

(Gong and Zhang 2013).  The methods used in this study are spectrophotometric methods of 

measuring IO3
-, using a modified method from Jickells et al., 1988, and column chromatography 

and ICP-MS methods (Hardisty et al., 2020, Hardisty et al., 2021) for the separation and 

measurement of I- from surface seawater samples (section 2.3.2.1 and 2.3.2.2). 
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Dissolved Organic Iodine (DOI) is an iodine intermediate that is formed when elemental 

iodine (I2) or HOI, another iodine intermediate, reacts with dissolved organic carbon (Hardisty et 

al., 2020, Luther 1995, Shetaya et al., 2012).  Our measured DOI values from the North Pacific 

during GP15 (Figure 2.9) are the first meridional dissolved organic iodine transect measurements 

for the Pacific Ocean.  Our transect DOI measurements show an active DOI cycle with some 

variation over latitude, and generally elevated values of between 37 and 150 nM through the 

transect.  DOI is not a species of iodine that is typically measured, and previous reports suggest 

that it constitutes around 5% of iodine in the open ocean, although it can constitute up to 10-20% 

of the total iodine pool (Chance et al., 2020, Wong and Cheng 1998, Ştreangă et al., 2024).  Figure 

2.9 shows existing DOI data from the Pacific (black circles).  Ştreangă et al., 2023, measured DOI 

in the North Pacific and showed that up to 8% of the total iodine pool in these locations could be 

ascribed to present DOI (specific concentration values not reported), and Huang et al., 2005 

(Figure 2.9) measured the vertical distribution of dissolved nutrients in the North Pacific at 155°E.  

These measurements included measurements of DOI, which found little variation with depth. 

2.5.2 Biological and External Drivers of iodine variations at the sea surface 

The GP15 and GP17-OCE cruises transect waters from across many areas of changing 

biogeochemical and iodine redox concentration profiles.  It is likely that a combination of the 

effects of biogeochemistry, ocean circulation and mixing, and “hotspots” of iodine redox 

transformations leads to the distribution of iodine that we see across these sea surface areas (Figure 

2.4) and depth profiles of IO3
- (Figure 2.6, Figure 2.7).  For example, samples taken during the 

GP15 cruise in September 2018 were taken during boreal Autumn, when a phytoplankton bloom 

is known to occur at high latitudes due to deeper mixing of waters and nutrient upwelling that 

accompany this season (Martinez et al., 2011).  Similarly, samples taken during the GP17-OCE 

cruise were taken during austral summer, again when large phytoplankton blooms are occurring 

north of 40°N and South of 40°S as upwelling brings nutrient-rich (i.e. nitrogen-rich) water from 

deeper depths (Figure 2.4, Deppeler and Davidson 2017).  In addition to seasonality, trends in 

ecological zones, such as those defined by Alan Longhurst (2007), and general ocean currents can 

help us to understand broad variations in iodine concentrations throughout the Pacific Ocean 

(Figure 2.4).  Together, the GP15 and GP17-OCE cruises cross 10 of the overall 56 defined 

ecological zones throughout the world ocean that, as they are meant to compare to terrestrial 

biomes, attempt to define the response of phytoplankton in the surface ocean to external forces 
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(Reygondau and Dunn 2018).  We ultimately suggest that the combination of the following factors 

control IO3
-/I- abundance across latitude, with variable contributions from each at different 

locations described below: 1) external supply of elevated IO3
- to the surface from vertical mixing; 

2) IO3
- reduction to I- via phytoplankton in euphotic waters; and 3) I- oxidation to IO3

- in euphotic 

waters. 

Over the latitudes traversed by the GP15 and GP17-OCE cruises (56°N to 67°S, moving 

from north to south), IO3
- and I- show specific trends in concentration over areas of varying 

temperature (controlling vertical mixing), ocean currents, and biogeochemical regimes (Figure 

2.4).  Importantly, these trends are relatively mirrored north and south of the equator.  Specifically, 

a similar trend is seen for North and South of the North Pacific Polar Front (NPPF) (40°N) and 

South Subtropical Convergence (SSTC) (40°S), respectively, with relatively elevated IO3
- and 

limited I-; though I- is lower north of the NPPF.  The North Pacific Tropical Gyre (NPTG) and 

South Pacific Gyre (SPSG) are both marked by a relative trough in IO3
- and corresponding I- peak.  

Straddling the equator, the Pacific Equatorial Divergence (PEQD) and North Pacific Equatorial 

Countercurrent (PNEC) are marked by a relative peak in IO3
- and decline in I- as compared to the 

gyre regions (North Pacific Tropical Gyre (NPTG) and South Pacific Gyre (SPSG)) directly north 

and south of the equatorial biomes. 

The relatively high IO3
- and low I- at the northern- and southern-most end of the combined 

GP15 and GP17-OCE latitudinal transect also correspond with high reported chlorophyll-a and 

temperature changes across the transect (Figure 2.4).  Generally, where there is a larger amount of 

chlorophyll-a reported, a larger amount of IO3
- is reported overall.  This increase in IO3

- also 

overlaps with colder surface waters.  Together, the overlap of elevated IO3
- with colder surface 

waters and higher chlorophyll contents is likely a result of a limited vertical temperature gradient 

enhancing vertical exchange of deep nutrient-rich waters to surface waters, which fuel 

phytoplankton growth but also supplies IO3
--rich waters to the surface.  Notably, this does not 

imply a lack of IO3
- reduction via phytoplankton, just that this IO3

- sink is balanced by the supply 

of IO3
- from underlying waters. For measurements of [IO3

-] with depth from GP17-OCE 

specifically, the intense vertical mixing at high latitudes is apparent in depth profiles (Figure 2.6), 

where the concentration of IO3
- is found to be extremely consistent from surface to deep starting 

around station 10 (~400 nM), where the high level of phytoplankton becomes apparent (Figure 

2.1, Figure 2.4).   
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Importantly, though IO3
- is elevated, we expect that phytoplankton-driven IO3

- reduction 

has the potential to be widespread in these high latitude waters – at least during respective summer 

months – given the elevated nutrients and diverse phytoplankton communities.  However, 

upwelling of IO3
- rich deep waters could replace this reduced fraction of IO3

- in the surface, and 

lead to the consistent depth profile that we see in these areas even with the influence of large areas 

of phytoplankton.  For example, blooms are documented during the transects via chlorophyll-a and  

a large concentration of phytoplankton are active in higher latitudes (Figure 2.4).  Polar zones are 

characterized by low biodiversity in general (Ibarbalz et al., 2019), although phytoplankton and 

small eukaryotes, such as Micromonas and Synecococcus are known to dominate the dissolved 

chlorophyll maximum (DCM) here (Giebel et al. 2021, Hollibaugh et al., 2007, Bachy et al., 2022). 

While phytoplankton-driven IO3
- reduction is likely occurring throughout the transect, it is 

most evident in the North and South Gyres, where I- peaks in both hemispheres.  This is likely 

explained by relative temperature stratification increasing the residence time of I- in surface waters 

in these regions relative to others. This can be seen in Figures 2.6 and 2.7, where these zones mark 

a stark increase in surface temperature relative to higher latitudes.  While IO3
- is supplied via in 

situ oxidation and vertical mixing, phytoplankton across the transect reduce IO3
- to increase 

concentrations of I-.  Lower [IO3
-] and elevated [I-] are thus expected to occur in stratified areas 

where phytoplankton-driven reduction of IO3
- outpaces in situ and ex situ supplies of IO3

-. The 

distribution of phytoplankton communities likely plays an additional role, as experiments 

demonstrate variable capacity for IO3
- reduction between species (Hepach et al., 2020, Bluhm et 

al., 2010).  A large, diverse array of bacteria, phytoplankton (diatoms), and cyanobacteria are active 

at mid latitudes, including Synecococcus, Prochlorococcus, Alteromonadaceae and 

Rhodobacteraceae (Wang et al., 2023, Flombaum et al., 2013, Balmonte et al., 2024, Hepach et 

al., 2020, Raes et al., 2018).  Synechococcus is shown to produce I- at low rates compared to 

diatoms, although both types of microorganisms were seen to remove IO3
- and produce I- in 

culture, with Synechococcus (a cyanobacteria) directly shown in unialgal culture to reduce IO3
- 

(Hepach et al., 2020, Chance et al., 2007).  Additionally, marine aerobic bacteria such as 

Alteromonadaceae and Rhodobacteraceae have been shown to reduce IO3
- in oxygen-limited 

environments (Kine et al., 2024). 

While gyres are relatively oligotrophic and low in chlorophyll compared to higher latitudes, 

the nutrient regime of the NPTG and SPSG zones still facilitate phytoplankton growth.  The mixed 
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layer depths (MLDs) found here vary seasonally, and deepen in winter, forming surface mode 

waters.  These nutrient-rich waters are enriched in NO3 and encourage large biomass production 

that is taxonomically diverse (Longhurst 2007).  In subtropical areas, the taxa of the Dissolved 

Chlorophyll Maximum (DCM) resembles that of the mixed layer above it during times of high 

mixing, such as in spring, until the pylon line fully develops and the taxa separate across the DCM 

(Longhurst 2007).  This large biomass production facilitates increased reduction of IO3
- to I-, 

leading to observed low concentrations of IO3
- and a relative spike in I- concentrations in the NPTG 

and SPSG (Figure 2.4). 

Observed increases in IO3
- and a countering slight decrease in I- is seen in the equatorial 

PNEC and PEQD zones (Figure 2.4).  This could be explained by increased upwelling of IO3
--rich 

deep waters, facilitated by displacement as the trade winds push surface water north and south of 

the equator. Another possibility for IO3
- increase oxidation of I- to IO3

- in areas of increased 

biological concentration and richness facilitated by these upwelled nutrients, even through 

productivity is generally lower (Pennington et al., 2006).  Although oxidation of I- to IO3
- is known 

to be slow (Hardisty et al., 2021, Schnur et al., 2024), it has been shown that some amount of 

oxidation of I- to IO3
- is facilitated by nitrifying bacteria (i.e. Nitrosomonas) (Hughes et al., 2021), 

likely below the mixed layer (Moriyasu et al., 2023).  It is unsurprising then that NO3-rich Pacific 

equatorial waters with a high amount of biological richness including many species of nitrogen-

fixing bacteria would show prevalent production of IO3
- in these areas, leading to an overall 

measured increase in IO3
- here. 

2.5.3 Mass balance constraints on upwelling and vertical diffusion  

To quantify the impacts of vertical mixing, cellular iodine incorporation, and oxidation-

reduction reactions on iodine speciation, we performed an iodine mass balance for the southern 

Pacific Ocean using depth profile measurements of [IO3
-] and [7Be] from stations across the GP17-

OCE transect.  7Be is an ideal tracer for comparison to IO3
-, since the vertical profile of 7Be is a 

function of vertical mixing (Kadko and Olson 1996, Grenier et al., 2023, Schulz et a., 2023) and 

has an inverse depth distribution to [IO3
-] (Figure 2.2).  7Be can be used to trace rates of vertical 

mixing because rainfall deposits 7Be on the surface ocean, and a short half-life of ~53 days leads 

to an important deficit of 7Be concentrations through the water column, allowing for calculation 

of upwelling of 7Be-free waters at depth (Kadko and Johns, 2011, Moriyasu et al., 2023, Figure 

2.3).  As 7Be is deposited on the sea surface, its short half-life means that as 7Be starts to diffuse 
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into the water column and deeper depths and it is simultaneously decaying without an additional 

supply.  Therefore, 7Be abundance decreases rapidly and is essentially absent at deeper depths.  

The stark gradient seen between 7Be-rich surface waters and 7Be-free deep waters can be used to 

track rates of upwelling as deeper 7Be-free waters are brought to the surface and dilute the 7Be-

rich surface.  This dilution is an important factor in understanding how waters mix via calculations 

of upwelling and vertical diffusion. 

Oppositely, IO3
- accumulates with depth in the water column, until iodine is almost 

completely found as IO3
-, at around 450 nM in concentration (Elderfield and Truesdale 1980, 

Luther 2023).  The increase in IO3
- can be seen in Figure 2.6 for IO3

- profiles measured from this 

transect. Upwelling rates calculated from dilution of 7Be surface waters by 7Be-free waters tells us 

the amount of IO3
- that is being brought to the surface from these depths, and more heavily 

concentrates IO3
- at the surface with the movement of these waters.   

Our reported iodine oxidation rate for the area covered by the mass balance was calculated 

using Equation 2.1 from the y-intercept of the linear regression of values at all stations (Figure 

2.8).  The calculated average of 0.23 mmol m-2 day-1 for the South Pacific presented here fits well 

within the range published for studies at the Hawaii Ocean Time Series (HOT) off the coast of 

Oahu at Station Aloha (22°N, 158°W) in the North Pacific and Bermuda Atlantic Time Series 

(BATS) in the Sargasso Sea (31°N, 64°W) , both published by Campos et al. in 1996 (Table 2.5).  

This flux of IO3
- into the system from oxidation is important for understanding formation of the 

oxidized species throughout the South Pacific.  Although rates of oxidation of I- are slow 

(previously reported between 5.3x10-4 – 18 nM/day) (Schnur et al., 2024, Hardisty et al., 2020, 

Campos et al., 1996, Newell et al., 2013, Hughes et al., 2021, Moriyasu et al., 2023), this calculated 

flux shows that at least some oxidation to IO3
- is occurring throughout the basin. This formation 

rate, along with the rate of movement of IO3
- throughout the basin by ex situ methods of water 

mass movement, is important for understanding the distribution of iodine redox species that we 

see across latitude in open ocean basins.  Campos et al., 1996 calculated an IO3
- production rate of 

1.53 nM/day based on a seasonal mass balance in the Pacific Gyre, an important comparison for 

the mass balance described here. 

Estimates of biological iodine assimilation via an iodine:carbon (I:C) ratio were calculated 

at a value of 1.2x10-2 based on the sum of vertical mixing fluxes versus calculated values of NCP.  

Previously reported values of I:C ratios show this to be high, as ratios of this kind are generally 
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reported between 10-3 to10-5 in open ocean regions (Wadley et al., 2020, Chance et al., 2010, 

Elderfield & Truesdale, 1980, Jickells et al., 1988).  Importantly, the wide scatter observed 

between stations for calculated values of Fmix and NCP and resulting high calculated slope at a low 

R2 value could be due to difference in environmental factors across a large ocean basin for NCP, 

where values of production are based on factors such as amount of biological activity, 

concentration of nutrients and depth of the mixed layer, as well as environmental factors such as 

amount of light (Cottrell et al., 2006).  Across a large transect such as GP17-OCE, these factors 

can change significantly, leading to a large difference in NCP reported between stations that are 

many kilometers apart.  Similarly, the Fmix factor incorporates several measurements of IO3
- and 

7Be over depth and across latitude at these different stations, which are incorporated in to 

calculations of w and Kz used to determine Fmix.  Environmental factors also cause many changes 

in these measured concentrations over the wide scope of the GP17-OCE transect, and likely 

contribute to the scatter seen in the results shown in Figure 8.  Improvements to the model could 

be made through grouping of stations across the transect in terms of more complimentary 

environmental factors, specific factors informing values of IO3
- specifically based on known 

latitudinal trends (Chance et al., 2014), or, at a more robust level, as a station-level determination. 

Previously calculated values are also calculated based on a “Redfield like” molar ratio to 

calculate IO3
- reduction to I- during NCP, which is measured directly from cells and not field 

observations (Lu et al., 2018, Wadley et al., 2020).  The calculation done here is completed via 

field observations.  It is possible that these values  calculated here considering only IO3
- 

concentrations over depth to calculate vertical mixing fluxes (Fmix) may be exaggerating the I:C 

ratio, as is suggested by Elderfield and Truesdale (1980).  It would be beneficial to measure iodine 

redox concentrations at these stations near sediments or from phytoplankton from the water 

column in order to have a better understanding of the results of the calculations of the ratio 

presented here, in deoxygenated regions where IO3
- production would be prohibited. 

Importantly, the mass balance equation used here for calculation of these iodine oxidation 

rate and I:C ratios assumes three things that may lead to uncertainty in the results.  The first 

assumption of the equation is that the system, i.e., the South Pacific Ocean, is at steady state, 

meaning that there is no net accumulation or loss of iodine.  This assumption is overarching for a 

system of this size, as all inputs and influences of nutrients for the entire ocean, including 

terrestrial, aeolian, and deposition inputs and export from the system from ocean currents and 
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remineralization are difficult to account for, and most likely do not lead to a system that is fully at 

steady state.  Secondly, this steady state approach calculates a single oxidation rate and a single 

I:C ratio for the entire basin as a whole and does not calculate these individually for each station 

with measured [7Be].  This is a limitation of the equation itself, and it must be understood that this 

generalization exists or a tolerance of the results discussed here.  Lastly, the components of this 

equation lead to the assumption that the only three factors driving euphotic iodine distribution are: 

1) vertical mixing, 2) NCP, and 3) I- oxidation.  As in any nutrient system, this process is likely 

more complicated and contains more factors than the three described, thus we limit ourselves with 

the understanding that only three factors are involved in the distribution of iodine through an entire 

ocean system. 

Campos et al. (1996 and 1996) also calculated I- formation values of 0.17 mmol m-2 day-1 

for the Atlantic and 0.3 mmol m-2 day-1 for the South Pacific, something not calculated here, but 

worth mentioning as it relates to the amount of iodine found in oxygenated waters and could have 

an effect on the interpretation of values calculated in the mass balance. 

Site Iodate flux  

mmol m-2 day-1 

Fred (I- formation) 

mmol m-2 day-1 

Ocean Basin Citation 

HOT 0.1-8.4 0.30 North Pacific Campos et al., 1996; range for all stations 

BATS 0.4-31.5 0.17 North Atlantic Campos et al., 1996; range for all stations 

GP17-OCE 0.23 - South Pacific This study; average of all stations 

Table 2.5 Previous estimations of rI:C and Fox in the Pacific Ocean as compared to findings for this 

study. 

2.5.4 Implications 

A mass balance of the Southern Pacific Ocean was completed to elucidate the role of 

mixing in [IO3
-] contributions to the surface ocean.  As it is known that I- oxidation to IO3

- is very 

slow (Hardisty et al., 2020, Schnur et al., 2024), it is likely that ex situ methods of water mass 

movement and mixing from “hotspots” of in situ I- oxidation, such as areas of high primary 

productivity, pore water inputs, and OMZs may heavily influence the distribution of iodine redox 

species throughout ocean basins, and have a larger effect on measured iodine distribution in 

euphotic waters than has previously been known.  Seasonal upwelling of high-latitude waters, like 

many measured in this study, likely contributes to surface water levels of IO3
- as IO3

--rich waters 

are brought to the surface from depth.  Advection of these deeper waters, as is calculated in this 
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study, also contributes to higher [IO3
-] at the surface, as has been previously reported (Chance et 

al., 2020, Chance et al., 2010). 

Knowledge on sources and distribution of iodine at the sea surface is key for a better 

understanding of surface ocean iodine’s impact on O3 destruction and to inform global 

climatological models more accurately (Macdonald et al., 2014, Ganzeveld et al., 2009, Helmig et 

al., 2012).  Iodide in the surface ocean reacts with and destroys tropospheric ozone (O3), releasing 

hypoiodous acid (HOI) and I2 to the atmosphere (Carpenter et al., 2013, Hepach et al., 2020), 

which quickly photolyze to I atoms that react with O3 to form IO (Carpenter et al., 2013).  Iodine 

is eventually recycled back to ocean basins through rain and runoff.  Deposition of O3 to the sea 

surface is a significant O3 sink and accounts for about one third of the total global O3 dry deposition 

flux (600-1000 Tg O3) per year, with an accompanying flux on the order of 1012 per year of iodine 

from the surface ocean to the atmosphere (Chance et al., 2014). 

An understanding of IO3
- formation and iodine distribution is also vital to understanding 

iodine to calcium (I/Ca) ratios that are present in carbonates, which have an important role in the 

paleoredox proxy for tracking ancient ocean oxygenation, notably during oceanic anoxic events 

(OAEs) (Lu et al., 2010).  Our measurements of IO3
- distribution throughout the Southern Pacific 

Ocean basin help to better understand the impact of these processes in this part of the world ocean, 

and inform on the impact that iodine has on paleoredox and atmospheric processes. 

The effect of vertical mixing on IO3
- profiles measured in this study as a result of 

calculations using concentrations and initial values of 7Be and mixed layer depth is especially 

pronounced at southern stations at the highest latitudes of the GP17-OCE transect.  In more 

northern stations, these profiles show a consistent lower concentration of IO3
- up to the first 500 

m, where [IO3
-] then reaches ~400 nM concentration and is steady at this concentration through 

the remainder of the water column.  However, at southern stations where vertical mixing is 

prominent and temperatures are generally higher, IO3
--rich waters are brought to the surface with 

more consistency and concentrations of IO3
- in the top 500 m of the water column are found to be 

~400 nM and are very consistent with depth through the water column. 

2.6: Conclusion 

We are extending our understanding of IO3
- flux to photic zones across the Southern Pacific 

and surface iodine redox species distribution across the Pacific Ocean at 152°W with the transect 

cruises GEOTRACES GP15 (North Pacific) and GP17-OCE (South Pacific).  We have measured  
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concentrations of I- and IO3
- across a latitudinal transect of the Pacific, from Alaska (53°N) to 

southern waters near Antarctica (67°S).  The Pacific is under characterized in terms of our 

understanding of iodine within these waters, and these measurements are an important step for 

characterizing a large part of the ocean by means of trace element concentration measurements 

that are used in definitions such as the paleoredox proxy that aids in our understanding of ancient 

oxygen distribution.  Our measurements show good correlation with past measurements of iodine 

in these waters, and bolster conclusions of rapid IO3
- to I- reduction in waters with high levels of 

primary productivity, and higher concentrations of IO3
- at high latitudes where upwelling is 

intense. 

Our measured concentration measurements of IO3
- are used in conjunction with 

measurements of [7Be], an element with contradictory trends in distribution through the water 

column with IO3
-, that aided in calculation of rates of iodine uptake into carbon (I:C) and flux 

throughout the water column as part of a mass balance calculation for the Southern Pacific Ocean.  

Our calculated I:C ratio is higher than previously reported, while the calculated rate of flux of IO3
- 

fits well with previous studies.  It is important to understand that these calculations are generalized 

for the entire South Pacific basin, and are not site-specific.  Site-specific calculations of these rates 

may give further insight into the importance of iodine into carbonate and ancient oxygen 

distribution as a more specific trend in ares of differing ex situ influences. 

Vertical diffusion from subphotic waters may be a larger source of IO3
- to surface waters 

than euphotic in situ oxidation.  Calculation of positive upwelling and vertical diffusion along with 

known slow rates of I- oxidation in open ocean waters show that these ex situ  sources of movement 

of IO3
- from deeper water where concentrations are stable and elevated are likely a larger 

contributor of [IO3
-] in the surface ocean than  in situ oxidation.  An understanding of the 

movement of large water masses in the Pacific Ocean could lead to  more definition of iodine 

redox species distribution via ex situ sources of water movement throughout the basin. 
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CHAPTER 3: WATER MASS ANALYSIS OF THE 2022 GEOTRACES SOUTHERN 

PACFIC TRANSECT (GP17-OCE) AND IMPLICATIONS FOR TRACE ELEMENT 

DISTRIBUTION 
 

3.1: Abstract 

A fundamental focus of the GEOTRACES program is understanding the biogeochemical 

cycles and large-scale distribution of trace elements and their isotopes (TEIs) in the marine 

environment.  TEIs can be impacted by and ultimately become tracers of combinations of physical, 

biological, and chemical processes.  Importantly, deconvolving the influences of in situ 

biogeochemical processes on TEIs and their integrated implications for the cycling of oxygen, 

carbon, and nutrients, for example, requires a quantitative framework for tracking the formation 

and movement of major water masses in ocean basins.  Here, we have completed an extended 

water mass analysis (eOMPA) of oxygenated Southern Pacific waters across both meridional 

(latitude range) and zonal transects (longitude range) using hydrographic ship data from the 

GEOTRACES GP17-OCE (2022) cruise from Papeete, Tahiti, to Punta Arenas, Chile.  We have 

identified eight major water masses that are present along this transect; three surface water masses, 

one intermediate water mass, and four deep and bottom waters that constitute a majority of the 

water column through the study area.  Two water masses – AAIW and PDW – are intersected 

separately twice across the transect, first in the northern section of the “latitudinal” transect, and 

second in the final portion of the “pseudo-north” transect near the coast of Chile, where the cruise 

transects the “main” AAIW forming region.  We report that the deep water mass AABW is found 

north of the Pacific-Antarctic ridge, perhaps due to entrainment with LCDW and subduction from 

mixed surface waters south of the Subantarctic Front (SAF).  Our use of a single non-density-

dependent OMPA shows the importance of including generally omitted surface water masses for 

accurate water mass deconvolution of deeper waters.  As a demonstration of the implications for 

water masses on TEI distribution, we have used the OMPA results to construct a predictive 

conservative mixing framework for iodine distribution across the transect and compared these 

values to measured iodine speciation from Chapter 2 of this dissertation.  Although IO3
- was not 

found in this case to be a sufficient tracer for water mass movement in the South Pacific, the results 

of this comparison can be used to provide a baseline for quantifying the integrated impacts of 

physical mixing and biogeochemical processes on TEI distribution in the South Pacific. 
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3.2: Introduction 

GEOTRACES is an international cruise program that focuses on biogeochemical cycling 

and the movement of trace metals throughout the world’s oceans.  The purpose of the 

GEOTRACES GP17-OCE cruise is, specifically, to understand the cycling of “key elements” in 

the Southern Pacific Ocean basin, and, for the purpose of this study, to disseminate the role that 

physical mixing properties has on the distribution of iodine redox species in the Pacific Ocean as 

a result of water mass movement, and their contributions to areas of the Southern Pacific Ocean 

basin.  Several previous South Pacific transect studies have included iodine as part of their 

parameters, including those done for the GEOTRACES GP15 cruise (North Pacific) (Moriyasu et 

al., 2023, Chapter 2 of this dissertation) and along the Eastern Tropical North Pacific (Moriyasu 

et al., 2020, Hardisty et al., 2021).  These studies have shown that iodine is ubiquitous in the South 

Pacific and follows well-known trends of distribution (Chance et al., 2014).  The GEOTRACES 

GP17-OCE cruise provided a unique opportunity to sample open ocean waters across the South 

Pacific basin over large biogeochemical gradients, through many areas of changing ocean currents, 

and across physical features such as the Pacific Antarctic ridge that form major boundaries for 

water mass movement (Figure 3.2).  This cruise also crossed waters above known areas of 

hydrothermal plume influence, allowing for study of nutrients and trace elements and isotopes 

(TEIs) in variable waters. A unique feature of GP17-OCE is the inclusion of both a “latitudinal” 

(152⁰W) and “longitudinal” (67⁰S) section as part of one cruise, granting the opportunity to sample 

both open ocean waters and waters moving towards a coastal environment in one single cruise.  

Previous cruises have not had a similar range of this extent. 

In order to fully understand the incorporation of nutrients and TEIs into the South Pacific 

basin, it is first imperative to understand the environment in which they are incorporated: the 

distinct water masses of the basin itself.  By understanding the baseline properties of these water 

masses, we are able to denote changes from the baseline state of each mass and interpret from this 

the likely drivers of nutrient variability.  Each identifiable body of water, or singular water mass, 

has a common formation history which has physical properties that are distinct from surrounding 

waters (Talley 2011).  Physical qualities of these water masses, such as temperature and salinity 

that combine to determine the density of an individual water mass, are conservative flow tracers.  

Each water mass is assigned a water type “core”, or endmember, composition that is considered 

the source or center of measured properties.  As nutrients are semi-conservative, an extended 
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Optimum Multi-parameter Analysis (OMPA) using known remineralization ratios (Supplementary 

Table 3.3) is used here to account for nutrient deviation from source water mass properties (Evans 

et al., 2023, Lawrence et al., 2022). 

OMPA relies on a set of linear mixing equations to solve for fractions of the defined 

endmember water types in a given sample (section 3.3.2) (Evans et al., 2020, Evans et al., 2023, 

Lawrence et al., 2022, Tomczak and Large 1989).  These hydrographic properties must be 

conservative, and although the number of endmember water types that can be analyzed for a given 

sample in the OMPA is generally limited by the number of conservative properties available, the 

eOMPA tool used here allows for an overextension of this water mass to property ratio, allowing 

for elucidation for all water masses in the area without impediment.  Because of the semi-

conservative nature of nutrients in ocean water, the use of eOMPA is crucial for a good fit for 

South Pacific water masses (Lawrence et al., 2022, Evans et al., 2023).  Known major influential 

water masses in the South Pacific include: Subtropical and Subantarctic Mode Waters 

(STMW/SAMW), Antarctic Intermediate Water (AAIW), Pacific Deep Water (PDW), Upper and 

Lower Circumpolar Deep Water (UCDW/LCDW), North Atlantic Deep Water (NADW), 

Antarctic Bottom Water (AABW), and Antarctic Surface Water (AASW), with smaller influences 

of other water masses such as Southern Equatorial Pacific Intermediate Water (SEqPIW) and 13C 

Water. 

The Southern Pacific Ocean is known to be dominated by deep and bottom waters that are 

sourced from circumpolar and deep waters moving toward and around Antarctica (Figure 3.1) 

(Talley 2011, Orsi a et al., 1999).  These water masses, including the Lower Circumpolar Deep 

Water (LCDW), Upper Circumpolar Deep Water (UCDW), and Antarctic Bottom Water (AABW) 

are formed after circumpolar water at high latitudes are upwelled to the surface during overturning 

circulation (UCDW and LCDW) and dense brine-rejected surface water sinks to the depths off the 

coast of Antarctica (AABW) (Yamazaki et a., 2024, Iudicone et al., 2008).  These circumpolar 

water masses, once upwelled, mix with surface waters in the Antarctic, evolve, and subduct 

northward to lower latitudes where they influence the formation of intermediate and mode waters 

like Antarctic Intermediate Water (AAIW) and Subantarctic Mode Water (SAMW).  The UCDW 

and LCDW have strong upwelling signals that can be seen through study of nutrients like silica 

and oxygen (Grasse et al., 2013, Grasse et al., 2020, Reyes-Malaya et al., 2021). Although defined 

separately here, UCDW, LCDW, and AABW have very similar properties that allow for a large 
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amount of mixing between them, and make up most of the water column in the Southern Ocean 

(Talley 2011, Waltemathe et al., 2024). 

Pacific Deep Water (PDW) is incorporated at a similar depth to LCDW in the water column 

but moves in from the north above the North Atlantic Deep Waters (NADW) that eventually form 

LCDW (Talley 2013).  This cruise catches only a slight influence in the north from PDW, as its 

influence is waning by the time this water mass reaches the latitudes transected by GP17-OCE 

(Bostock et al., 2010). 

The Antarctic Intermediate Water (AAIW) is the only intermediate water present along this 

transect, with a large zone of influence in the latitudinal transect and strong influence near the 

coast in the “main” AAIW forming region – the only true water mass forming region waters that 

the cruise transects (Bostock et al., 2013, Xia et al., 2022, Talley 2011).  AAIW is found throughout 

the Pacific south of 15°N and is prolific in its influence across these waters (Bostock et al., 2013, 

Zeno et al., 2005). 

The single true surface water mass that is encountered, the Antarctic Surface Water 

(AASW), is formed from very cold, very dense water off the ice shelves of Antarctica, and is 

subducted northward slightly to add influence to SAMW and AAIW after mixing with upwelled 

UCDW and LCDW (Xia et al., 2022, Bostock et al., 2013, Li et al., 2022).  Two mode waters are 

present along the GP17-OCE cruise track – the Subantarctic Mode Water (SAMW) and the 

Southern Tropical Mode Water (STMW).  These mode waters sit just above AAIW in the water 

column and are formed as a result of heavy winter mixing in lower latitudes (Bushinsky and 

Cerovecki 2023, Hartin et al., 2011, Roemmich and Corneille 1991).  These waters are only found 

in the most northern part of the latitudinal transect of GP17-OCE, and do not have influence with 

other water masses or subduct farther into the water column. 

Using hydrographic ODF data from GEOTRACES GP17-OCE, we completed an extended 

python Optimum Multiparameter Analysis (eOMPA) (Evans et al., 2023, Lawrence et al., et al., 

2022) of Southern Pacific water masses to diagnose the relative contribution of these defined water 

masses along the transect.  Eight water masses that contribute to waters in these areas are defined 

here (Table 3.1).  In this study, the influence of these eight water masses across the transect of 

GP17-OCE will be explored and elucidated, and the contributions to conservative and non-

conservative factors of conservative temperature, absolute salinity, oxygen, nitrate, nitrite, silica, 

and phosphate will be determined. 
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Water Mass Abbreviation 

Antarctic Intermediate Water AAIW 

Subantarctic Mode Water SAMW 

Antarctic Surface Water AASW 

Antarctic Bottom Water AABW 

Pacific Deep Water PDW 

Lower Circumpolar Deep Water LCDW 

Upper Circumpolar Deep Water UCDW 

Southern Tropical Mode Water STMW 

Table 3.1 Water masses encountered by the GP17-OCE transect at 152°W. 

3.3: Methods 

3.3.1 Sample collection 

Hydrographic data was collected shipboard during the entirety of the GEOTRACES GP17-

OCE transect from December 2022 – January 2023, encompassing 59 stations within the Southern 

Pacific basin.  32 stations of the total 59 were sampled over a depth profile, at depths reaching 

between 3 and 5738.1 m, with bottom depth varying for each station (Supplementary Table 3.1).  

Water types are characterized by a unique set of hydrographic properties (Jenkins et al., 2015).  

The variables used from these measurements for the water mass analysis include conservative 

temperature (°C), absolute salinity (g/kg), and concentrations of phosphate (µmol/kg), nitrate 

(µmol/kg), silica (µmol/kg), and oxygen (µmol/kg).  Bottle ODF (Ocean Data Facility) 

hydrographic data used for this study from the GP17-OCE cruise is available at https://www.bco-

dmo.org/dataset/933861. 

The conventional ODF rosette for collection of non-contamination-prone TEI’s were used 

with in-situ McLane pumps for collection of large volumes of water, including particulate TEI’s 

(Twining et al., 2023a).  Samples were filtered through nested 0.8 and 0.45 um Akropak filter 

capsules from a SIO STS 36-place yellow rosette holding Bullister style Niskin bottles (absolute 

volume 10.6 L).  Filters were reused for similar casts and refrigerated between uses.  Tubing was 

rinsed with  

18 MΩ-cm water and reused for each cast.  36 filters were split into three sections – surface, 

intermedia, and deep – for use with similar waters between casts.  Nutrients were sampled from 

every sample bottle by drawing samples into 30 ml polypropylene screw-caped centrifuge tubes 

that were cleaned with 10% HCl and analyzing within 2-16 hours after sample collection, after 

samples reached room temperature.  Nutrient analysis for phosphate, silicate, nitrate used here for 
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OMPA analysis were performed on a Seal Analytical continuous-flow Auto Analyzer 3 (AA3) as 

described in the GP17-OCE ODF report.  Analyses of dissolved oxygen was performed with an 

SIO/ODF designed automated oxygen titration using photometric end-point detection based on the 

absorption of 365 nm UV light (Twining et al., 2023b).  The temperature, conductivity, dissolved 

oxygen, pumps, and exhaust tubing were mounted to the bottom of the CTD cage.  CTD data was 

examined at the completion of each deployment for calibration shifts (Twining et al., 2023b).  
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Figure 3.1 Interpretation of ranges and directional influences of eight water masses of the South 

Pacific (labeled colored lines) that intersect hydrographic data taken by GEOTRACES GP17-OCE 

transect (dark gray dashed line).  Lines overlayed on phosphate concentration of the Paciifc at 100 

m depth.  Arrows depict movement of indivual water masses as influenced by major oceanic 

currents.  Forming regions indicated by black squares for each water mass.  Additional Pacific 

AAIW forming regions not used in this study outlined in gray dashed squares. (Oka et al., 2003, 

Peters et al., 2018, Lawrence et al., 2022, Meijer et al., 2019, Bostock et al., 2013). 

Compiled CTD and ODF nutrient bottle data was used as a basis for water mass data in pyOMPA 

as the representation of water masses and water properties throughout the Southern Pacific Ocean 

along 152°W and 67°S.  Individual water mass core properties were discerned as described above, 

and nutrients across the transect were plotted for visualization (Figure 3.3), as changes with density 

can somewhat visualize water mass contributions through semi-conservative nutrients. This 
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phenomenon is especially apparent in definitions of oxygen and silica across the transect (Figure 

3.3). 

Figure 3.2 Transect map of GP17-OCE showing individual stations (blue dots).  Data from all 

stations along the transect were used for differentiation of water masses.  Line through Station 26 

indicates “cut” between latitudinal and longitudinal sections for visualization.

Spiciness (θ) (used in characterization of oxygen-poor waters), potential density (σ), and 

potential vorticity (water rotation) are optional parameters of OMPA that were not used in this 

study (Evans et al., 2020.  Other elemental parameters not used here have also been examined in 

past studies to aid in water mass deconvolution.  Gallium has been explored for the potential of 

Arctic source water deconvolution by Whitmore et al., 2020, who found that their 1-D advection-

diffusion model using Ga showed greater mixing between Pacific and Atlantic waters than 

previously expected in Arctic waters from past use of mixed nutrients at Redfield ratio.  Zhang et 

al., 2018 has used four heavy Rare Earth Elements (HREEs), along with temperature and salinity 

for a water mass analysis of the East China Sea, showing that HREEs are conservative tracers that 

can be used in water mass deconvolution.  Zheng et al., 2016 used a similar technique, using the 

dissolved Rare Earth Elements (REEs) Nd and Yb to investigate deeper waters (UCDW, UNADW, 

LNADW, and AABW) across an East-West section of the tropical South Atlantic, and yielding 
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both non-conservative concentrations of the REEs and PO4 and the water mass fractions of the 

deep waters studied.   

The hydrographic data from GP17-OCE was filtered for depth values of <250 m, defined 

here as the “surface”, as characterization of surface waters in OMPA is notoriously difficult.  

Generally, if characterized, surface water is split into a separate water mass analysis so that 

consistent deep waters may be analyzed separately (Llanillo, et al., 2013, Peters et a., 2018, Silva 

et al., 2009).  Mixing from air-sea interactions at the surface and active nutrients cycling does not 

allow for the precise deconvolution of surface water mass contributions.  It was found, however, 

that although inclusion of their full endmember spaces (up to 0 m) was counteractive to a well-

founded analysis, inclusion of the surface and near-surface water masses themselves (STMW and 

AASW) and their endmember definitions was extremely important for correct characterization of 

intermediate and upwelling water masses both at low and high latitudes in this analysis. 

3.3.2 Overview on water mass definitions 

Each of the water masses studied here have been defined in previous work (Table 3.2, 

Figure 3.8), which we use as a starting place before refining to minimize residuals and best fit with 

our data from the GP17 transect. Below we overview this previous work informing our initial 

endmember definitions. 

Southern Tropical Mode Water (STMW) is the surface most water mass measured in the 

northern section of the GP17-OCE transect.  Like SAMW, it is formed from the subduction of 

winter mixed layers (Talley 2011, Rainville et al., 2007) and is centered at a potential density of 

25.2 kg/m3.  The SMTW present in the South Pacific (SPSTMW) is the weakest of the global 

STMW’s (Talley 2011, Roemmich and Corneille 1992).  We define STMW in the north of the 

GP17-OCE transect at a slightly higher density of 25.12 kg/m3 where it reaches a depth of about 

500 m.  STMW’s influence wanes quickly across the latitudinal transect towards the influence of 

deeper waters at high latitudes. 

Subantarctic Mode Water (SAMW) occurs north of the Subantarctic Front (SAF) and is 

formed from thick winter mixed layers with low vorticity, or rate of fluid rotation (Hanawa and 

Talley 2001).  In the South Pacific, these waters can reach over 300 m in depth and either move 

eastward or are subducted northward during summer (Talley 2011, Sanders et al., 2023).  SAMW 

is known to have a high oxygen content and supplies surface water to the subtropical pycnocline 
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when subducted (Talley 2011).  SAMW is defined here between ~300 and 800 m  and a density 

of 26.63 kg/m3 and is depleted quickly by the influence of AAIW. 

Surface waters south of the SAF are defined as the Antarctic Surface Water (AASW), the 

coldest (-1.9-1⁰C), freshest, and most dense of all the water masses defined by this analysis.  Ice 

melt in summer contributes to freshwater input to these waters off the coast of Antarctica (Talley 

2011, Jia et al., 2022).  These water masses  are only about 100-250 m thick.  Because of the large 

input of fresh water and low change in temperature, the AASW is heavily influenced by salinity 

changes (Talley 2011).  Recent accelerated ice melt from global ocean heating has had an effect 

on the ventilation of deeper waters (i.e. AABW) and increased the size of intermediate and mode 

waters (SAMW and AAIW).  Eckman transport carries AASW northward across the SAF, where 

it is subducted and aids information of SAMW and AAIW (Talley 2011, Hartin et al., 2011, Lie 

et al., 2023, Akon et al., 2022). 

One formation region for the only intermediate water sampled, the Antarctic Intermediate 

Water (AAIW), is crossed near the coast of Chile, measured in stations 35-37.  AAIW formed here 

near the Drake Passage, termed “main” AAIW (Talley 2011, Bostock et al., 2013) is subducted 

beneath the Sub-Antarctic Front (SAF) near the coast of Chile and flows north and west out to the 

open Pacific Ocean, then being present throughout almost all latitudes and north to about 15⁰N 

(Peters et al., 2018, Talley 2011, Hartin et al., 2011).  The only water mass defined in this study 

with a lower salinity than AAIW is the AASW.  AAIW across the GP17-OCE transect is defined 

as being completely composed of main AAIW water, with a density of 26.98 kg/m3. 

Circumpolar deep water (CDW) extends from northern latitudes below the AASW south 

of the SAF and below the AAIW north of the SAF (Talley 2011).  CDW is divided here for 

definition of two separate water masses, the Upper Circumpolar Deep Water (UCDW) and the 

Lower Circumpolar Deep Water (LCDW).  UCDW is formed from evolved PDW moving in from 

the north above North Atlantic Deep Water (NADW), and upsells to the surface ocean at high 

latitudes.  There, UCDW mixes with surface waters (AASW) before subducting northward to aid 

in the formation for SAMW and AAIW.  LCDW is formed from the deeper NADW as it evolves 

through the deep waters of the Pacific, also upwelling at high latitudes but subducting quickly once 

there as part of AABW formation.  Talley (2011) defined UCDW as an oxygen minimum layer, 

while LCDW is known as a salinity maximum layer (Yamazaki et al., 2024).  UCDW also includes 

a temperature maximum layer just below the AASW, and a high nutrient content (Talley 2011).  
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LCDW is defined as the bottom water for most of the world ocean outside of the Southern Ocean, 

where Antarctic Bottom Water (AABW) is found and defined separately.  UCDW and LCDW’s 

upwelling southward to high latitudes creates deep circulation in the South Pacific (Waltemathe et 

al., 2024).  These water masses are defined from their upwelling regions in the South Pacific, far 

from less evolved waters that may still contain PDW and NADW remnants.  They are defined with 

low oxygen values and densities of 27.52 kg/m3 (UCDW) and 27.84 kg/m3 (LCDW). 

Pacific Deep Water (PDW) is also known for relatively low oxygen stemming from 

consumption of oxygen by microorganisms and decreased mixing in deeper waters (Webb 2023).  

PDW moves into the GP17-OCE transect area from the north above NADW (Talley 2011, Fuhr et 

al., 2021).  This deep water mass is found in the northern section of GP17-OCE’s latitudinal 

transect, and it appears to visually bifurcate the LCDW as they come together at similar depths in 

the waters around 40⁰S (Figure 3.5).  PDW is defined by low oxygen values close to those found 

in UCDW and a middling density of 27.68 kg/m3 that leaves it similar in property to what is defined 

as CDW, defined above. 

Antarctic Bottom Water (AABW) that is present in the South Pacific is formed in the 

Weddell Sea from sea ice formation and cooling of surface waters creating very dense water that 

sinks to deep depths (Talley 2011).  AABW sits below the CDW in the Southern Ocean below the 

SAF and is generally restricted in range to high latitude waters by the Pacific-Antarctic ridge 

(Talley 2011, Zhou et al., 2023).  Some mixing with LCDW may allow these very dense waters to 

be entrained northward into the South Pacific north of this ridge (Baker et al., 2023), and in fact, 

we document this in some capacity with the results of this analysis.  AABW is the densest water 

mass defined in this study, at a density of 27.92 kg/m3.  This water is defined as it is formed in the 

Antarctic from subduction of very dense AASW that has been transformed from sea ice formation 

and rapid cooling of surface waters, as well as mixing with dense, upwelled LCDW. 
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Water 

Mass 

CT 

(◦C) 

SA 

(g/kg) 

Phosphate 

(μmol/kg) 

Nitrate 

(μmol/kg) 

Silica 

(μmol/kg) 

Oxygen 

(μmol/k

g) 

Potential 

Density 

(kg/m
3
) 

Study 

AAIW 5.53 34.25 1.75 25.3 13 250 27.01 Peters et al., 

2018 

AAIW 6.03 34.7 3.48   4.8  Evans et al., 

2020 

AAIW 4-8 34.2-34.35  14-30 1-32 200-300 27.1 Bostock et al., 

2013 

AAIW 3.2-7 34.5-34.36     27.2-27.35 Vol. 181 Initial 

Reports ODP 

Proceedings 

AAIW 3.5-10 34.3-34.5 1.25-2.25 20-35 5-80 200-250 27.1 Bostock et al., 

2010 

AAIW 4-6 34.1-34.5     27.05-

27.15 

Talley Chapter 

10 

AAIW 3 34 1.98 28.5 24.6 238.2  Reyes-Macaya 

et al., 2021 

AAIW 5.04 34.39 1.67 23.99 11.51 272.31  Lawrence et 

al., 2022 

AAIW 4.47 34.40 1.99 28.54 20.43 231.45  Lawrence et 

al., 2022 

SAMW 7.4-9 34.53-34.61  28.6-32.4   26.8-27.1 Granger et al., 

2018 

SAMW 6-10 34-34.2     26.8-27.2 Vol. 181 Initial 

Reports ODP 

Proceedings 

SAMW 8-9       Talley Chapter 

13 

SAMW 11 34 1.07 13.7 2.17 268.2  Reyes-Macaya 

et al., 2021 

SAMW 4-15 34.2-35.2     26.6-27.1 Li et al., 2021 

SAMW   1,7 25.0 10.7 255  Holte et al., 

2013 

SAMW   2.0 29.1 21.7 226  Holte et al., 

2013 

AABW -0.9-0 34.53-34.67     >28.27 Talley Chapter 

13 

AABW 0.01 34.7 2.29 33.1 144 216 27.88 Peters et al., 

2018 

AABW 0.07 34.87 2.26 32.46 128.23 216.23  Lawrence et 

al., 2022 

PDW 1.1-1.2 34.68-34.69      Talley Chapter 

10 

PDW 1.82 34.67 2.76 38.42 157.3 105.2 45.87 Reyes-Macaya 

et al., 2021 

PDW 1.44 34.67 2.57 38.6 166 116 27.77 Peters et al., 

2018 

PDW 3.74 34.43 3.16 43.87 117.45 11.38  Lawrence et 

al., 2022 

PDW 2.16 34.71 3.15 44.57 167.51 23.94  Lawrence et 

al., 2022 

PDW 1.20 34.87 2.59 37.10 171.60 136.80  Lawrence et 

al., 2022 

LCDW 0.55-0.9 <34.71     45.93-46 Vol. 181 Initial 

Reports ODP 

Proceedings 

LCDW 1.3-1.8 34.8-34.9     27.8 Talley Chapter 

13 

Table 3.2 Comparisons of water mass endmembers from previous water mass literature and 

OMPA studies. 
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Table 3.2 (cont’d) 

Water 

Mass 

CT 

(◦C) 

SA 

(g/kg) 

Phosphate 

(μmol/kg) 

Nitrate 

(μmol/kg) 

Silica 

(μmol/kg) 

Oxygen 

(μmol/k

g) 

Potential 

Density 

(kg/m
3
) 

Study 

LCDW 1.67 34.73 2.2 31.9 92 190 27.79 Peters et al., 

2018 

LCDW 1.55 34.90 2.18 31.50 93.37 190.11  Lawrence et 

al., 2022 

LCDW 0.77 34.86 2.26 32.43 119.83 199.11  Lawrence et 

al., 2022 

UCDW 1.6-1.8 34.67-34.71     36.5-37 Vol. 181 Initial 

Reports ODP 

Proceedings 

UCDW 1.5-2.5     <180 27.6 Talley Chapter 

13 

UCDW 2.44 34.57 2.4 34.5 77 168 27.59 Peters et al., 

2018 

UCDW 1.42 34.87 2.67   118  Evans et al., 

2020 

UCDW 2.50 34.73 2.39 34.11 83.32 168.79  Lawrence et 

al., 2022 

AASW -1-4 33-34.5      Talley Chapter 

13 

AASW -1.235-

1.219 

34.375-

34.631 

 24.7-33.1 32.2-77.2 212.9-

300.3 

27.748-

27.842 

Foppert et al., 

2024 

AASW   <2.4     Broecker et al., 

1998 

STMW 16-19      25.2 Talley Chapter 

10 

STMW 16-18      25.5 Talley Chapter 

5 

STMW 13-20       Vol. 181 Initial 

Reports ODP 

Proceedings 

STMW 20.8 35.52 0.46 0.74 2.23 240.65  Reyes-Macaya 

et al., 2021 

         

3.3.2 pyOMPA 

We use here an extended pyOMPA package updated by Shrikumar and Casciotti (2022) 

from the Tomczak and Large (1989) original MATLAB OMPA, and used by Evans et al., 2023 

for their investigation of nitrite re-oxidation across the Eastern Tropical North Pacific (ETNP) 

(https://pypi.org/project/pyompa/).  This package includes hydrographic data from TEOS-10 

(https://pypi.org/project/gsw/), updating oceanographic standards from those used previously.  

Extended OMPA (eOMPA) has the strict convenience of allowing for a larger number of water 

mass definitions to be defined than parameters given in one analysis, a disadvantage found in past 

OMPA analyses. 

“Classic” OMPA views the measured properties of a water sample as a mixture of several 

end-members and assumes that these values are conserved by mixing (Shrikumar et al., 2022).  
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Where endmembers are perfectly explained, the sum of the value of a property endmember in any 

given sample multiplied by the fraction of the endmember in the sample should equal the value of 

the property in the sample.  Where endmembers are not perfectly defined, a residual may be needed 

to apply the definition correctly (Equation 3.1), resulting in the following equation for each 

individual water mass, where e is the property p for any endmember, x is the estimated fraction of 

that end-member in a sample j, s the value of the property p in the sample j, and e is the residual 

needed to perfectly explain sample properties (Shrikumar et al., 2022): 

∑ 𝑒𝑝
𝑖 𝑥𝑗

𝑖 =  𝑠𝑝
𝑗

+ 𝑒𝑝
𝑗

𝑖  Equation 3.1 

A least-squares optimization method is used to solve for x above, with an equation for each 

parameter.  Water types must be a non-negative value and should sum to one. 

Residuals provide an estimate of the prevision of the water mass budget and help to explain 

non-perfect endmember definitions of the water masses delineated in this study.  Residuals are 

calculated based on uncertainty in endmember properties and uncertainty in the properties of the 

water samples themselves (Shrikumar et al., 2022) and scaled by the specified weights for each 

parameter as measured.  In previous MATLAB OMPA studies, residuals were calculated in terms 

of mean-normalized parameter values, which meant that the OMPA solution was affected by mean 

normalization and it could be unclear which specific parameter might be forcing the mean 

(Shrikumar et al., 2022).  pyOMPA does not have this constraint and allows for visualization of 

residuals of individual parameters so that each can be considered separately. 

In the eOMPA analysis used here, semi-conservative properties such as nitrate, phosphate, 

silicate, and oxygen are more organically recognized as not fully conserved by mixing, unlike in 

the “classic” OMPA method described above, and it is assumed that remineralization, or an 

exchange of nutrients with oxygen in a fixed ratio (Shrikumar et al., 2022) is occurring (Figure 

3.4).  This adds a term to the equation shown above, where r is the exchange ratio of a parameter 

and Δ represents the amount of that property that is remineralized in the sample: 

(∑ 𝑒𝑝
𝑖 𝑥𝑗

𝑖) +  𝑟𝑁𝑂3
𝑝 𝑑𝑒𝑙𝑡𝑎𝑗

𝑁𝑂3 =  𝑠𝑝
𝑗

+  𝑒𝑝
𝑗

𝑖   Equation 3.2 

Parameters that are unaffected by remineralization (i.e. temperature, salinity), will have r simply 

equal 0 in Equation 3.2 above.  Each parameter is used in the OMPA in an equation like Equation 

3.2, with a final mass conservation variable forcing the system to sum to one (Karstensen and 

Tomczak 1998).  More water masses can be considered in an extended OMPA than in the “classic” 
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model by adding these semi-conservative parameters and solving the equations without 

assumptions (Liu and Tanhua 2021). 

pyOMPA itself differs from the original MATLAB OMPA in four ways (Shrikumar et al., 

2022).   1) mass conservation residuals are forced to zero, 2) the model can support both 

remineralization and assimilation of semi-conservative factors, 3) remineralization ratios are 

flexible and not fixed to the Redfield ratio, and 4) ambiguity is allowed in the solution to allow for 

the definition of more water masses than the number of parameters in a single OMPA.  These 

improvements allow a powerful yet flexible definition of water masses in the research area where 

there are known to be more water masses present than variables used.  Previous studies, even those 

using pyOMPA, have previously used two to three depth-divided analyses (i.e a surface, 

thermocline, and deep section with few water masses to accommodate restrictions based on 

number of factors) (Peters et al., 2018, Evans et al., 2020, Lawrence et al., 2023).  Here, we present 

a single OMPA for all depths across the entire South Pacific that allows for definition of the system 

as a whole with a single endmember defined for each water mass and its variable. 

3.3.3 pyOMPA weighting 

Weighting is used to understand how variables change together through a variance-

covariant matrix (𝜔) through two components, 1) measurement uncertainty, and 2) possible error.  

Differences in the measurement of the tracer variables makes weighting necessary to provide an 

approximately correct weighting of the tracers relative to each other.  The weightings used in this 

study (Table 3.3) are the same as those used in Evans et al., 2023, for their study of nitrite re-

oxidation across the Eastern Tropical North Pacific (ETNP), using the same pyOMPA package in 

a similar section of the same Ocean Basin.  Comparison of these weightings with previous analyses 

(Supplementary Table 3.2) shows consistently higher values – indicating higher importance – 

placed on CT and SA, with weightings between 1 and 7 typical for other nutrients used for water 

mass definitions.  Values for ranges of aerobic remineralization were chosen based on the Redfield 

ratio and previous studies (Supplementary Table 3.3) for each nutrient as it compares to phosphate 

(value of 1), the most conservative of the nutrients used for the definitions.  Anaerobic  
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Figure 3.3 Mapped concentrations of temperature, salinity, and nutrients used in the OMPA across the entire GP17-OCE transect with 

bathymetry, using distance from station 1 (0 m, left) (Figure 2).  It is important to note that this transect has both a latitudinal and 

longitudinal component, with the longitudinal component starting when the transect reached 67°S, or 4516 km here, and moving 

northeast starting at ~100°W, or 6957 km here. 
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remineralization was not explored here, as the entire transect is expected to be fully oxygenated 

and did not pass through any areas of known Oxygen Minimum Zones (OMZs). 

 CT SA Phosphate Nitrate Oxygen Silica 

Aerobic Remineralization   1 15 138 10 

Aerobic Remineralization   1 17 170 30 

Weighting 12 8 6 4 2 2 

Table 3.3 Weightings used in this pyOMPA.  Weightings are based off of Evans et al., 2023, which uses 

the same pyOMPA code base for their analysis of ETNP data in the Pacific Basin.  Remineralization values 

based on Redfield Ratio values for nutrients, as compared to Phosphate (value of 1). 

3.4: Results 

3.4.1 Water mass contributions 

Contributions of water masses are plotted on a scale of 0 – 100% (0 – 1) (Figure 3.5) 

relative contribution with depth across the entire transect as determined by distance from Station 

1 (Figure 3.3 caption).  Eight water masses were transected by GP17-OCE and analyzed for this 

study: two mode waters (Southern Tropical Mode Water (STMW) and Subantarctic Mode Water 

(SAMW)), one surface water mass (Antarctic Surface Water (AASW)), one intermediate water 

mass (Antarctic Intermediate Water (AAIW)), three deep water masses (Upper Circumpolar Deep 

Water (UCDW), Lower Circumpolar Deep Water (LCDW), and Pacific Deep Water (PDW)), and 

one bottom water (Antarctic Bottom Water (AABW)).  South Pacific Equatorial Pacific Water 

(SEqPIW), Tasman Sea formed AAIW, and Southern Ocean formed AAIW (Figure 3.1) were 

considered for inclusion in this analyses but were not found to influence the water masses in this 

region.  Specifically, the endmembers for AAIW were found to be consistent with previously 

reported main AAIW formation region endmembers, and were not variable across the transect.   

AASW and STMW are found in the shallowest waters (>500 m) and show very little 

influence on the output of the water mass analysis, however, the inclusion of these water masses 

that are found in heavily variable waters is imperative for good definition of all water masses below 

them.  The ocean surface is notoriously difficult to characterize using these methods because of 

the large amount of variability temperature, salinity, oxygen, and nutrients that is seen in surface 

waters, and a uniform cut (here, at 250 m) of the most turbulent waters is necessary for proper 

definition of more conservative, deeper water masses.  SAMW, the most surface water mass with 

a large contribution below the cutoff, is only present in low latitudes between 250 and 500 m in 

the water column. 
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AAIW is present between about 250 m (in some locations) to about 1200 m in the water 

column, in the first 4000 m of the transect and at stations 35-38, near the coast of Chile.  One of 

the largest contributions of AAIW to the transect is found near Chile, in the main AAIW formation 

zone of the Southeastern Pacific (Hartin et al., 2011) that, after formation, moves westward where 

it intersects the GP17-OCE transect a second time in the “latitudinal” section.  Although there are 

several instances of AAIW forming regions throughout the Pacific, most notably in the region of 

the Tasman Sea, (Hamilton 2006, Bostock et al., 2013) the AAIW formation that GP17-OCE 

transected is well mixed, leading to a density zone congruent across the entire transect.  Therefore, 

one endmember set is sufficient to correctly define the AAIW contributions found here.   

Circumpolar Deep Water (CDW) in the Southern Ocean is found at about 500 m depth in 

the water column and is a mixture of UCDW and LCDW.  Here, the Upper Circumpolar Deep 

Water (UCDW, originating from evolved Pacific Deep Water (PDW) (Talley 2011)) and Lower 

Circumpolar Deep Water (LCDW, with origins in North Atlantic Deep Water (NADW) (Talley 

2011)) show large southward movement and strong upwelling signals (Figure 3.5) past the 

Subantarctic Front (SAF), at 56°S.  AABW is found to be a large and important component of the 

bottom water throughout the transect.  As the densest deep water in the basin, most of the 

contribution of AABW to the measurements of this transect can be found south of the Pacific-

Antarctic Ridge where it is formed, however, strong northward advection of upwelled and mixed 

circumpolar deep waters shows entrainment of some AABW northward.  This means that a strong 

influence of AABW is seen past the ridge in the deep waters of the transect, mixing with LCDW 

from ~3000 m (Figure 3.5).  PDW is formed in the North Atlantic Ocean and travels south, 

intersecting and mixing with  LCDW/AABW between 1500 m and 4000 m before 56°S and near 

the coast of Chile at the very end of the transect.  Contributions of PDW to this analysis are not 

extreme but do intersect a fairly large portion of the deep waters south of the equator. 
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Figure 3.4 A) Temperature-Salinity (T/S) and B, C, D) nutrient plots of all hydrographic ODF 

data from GP17-OCE (gray dots) overlaid with data used for pyOMPA after 250 m surface and 

residual outlier value cuts (black dots).  Endmember values for each of the eight water masses 

defined in this study are placed on top of all data and labelled (red diamonds) to show continuity 

in describing data.  For nutrient plots, remineralization ratios are included as wedges and also 

written for clarity within each plot. 

Aerobic remineralization across the transect was examined and is plotted versus depth in 

Figure 3.6.  Aerobic remineralization is found to be occurring (positive) in most of the water 

column, only becoming negative near the bottom of the thermocline and the top of analyzed values 

for the water masses.  Negative remineralization can indicate the chance for elevated carbon 

storage as the rate of organic matter breakdown decreases, leading potentially to decreased 

atmospheric CO2 levels as carbon is stored in the deep ocean (Segschneider and Bendtsen 2013).  

Positive remineralization releases this carbon into the ocean, leading to increased ocean 

acidification (Piñango et al., 2022).  The specific remineralization ratio of oxygen, nitrate, and 

silicate was compared to conservative phosphate across the transect (Figure 3.6).  These ratios 

1:15 to 1:17 (P:N) 

1:10 to 1:30 (P:S) 1:138 to 1:170 (P:O) 
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show a consistent positive ratio across nutrients in the LCDW, and oxygen specifically shows a 

positive ratio within the AAIW and SAMW water masses near the surface, below the surface.   

The vectors placed over the nutrient plots show defined remineralization ratio ranges for 

nitrate (1:15 – 1:17), silicate (1:10 – 1:30), and oxygen (1:138 – 1:170) (Figure 3.4).  These values 

are supported by previous studies for nutrient remineralization ratios within the Southern Pacific 

Ocean (Supplementary Table 3.3) that used a series of one- to three-endmember mixing models 

and measured observations to report updated ratios from the traditional Redfield values. 

Water Mass Abbreviation CT 

(◦C) 

SA 

(g/kg) 

Phosphate 

(μmol/kg) 

Nitrate 

(μmol/kg) 

Silica 

(μmol/kg) 

Oxygen 

(μmol/kg) 

Potential 

Density 

(kg/m3) 

Antarctic Intermediate 

Water 

AAIW 5.45 34.35 1.7 25.3 7 250 26.98 

Subantarctic Mode Water SAMW 10 34.75 0.7 10 0.3 250 26.63 

Antarctic Bottom Water AABW -0.5 34.9 2.05 29.5 144 240 27.92 

Pacific Deep Water PDW 1.5 34.75 2.55 34.45 125 150 27.68 

Lower Circumpolar Deep 

Water 

LCDW 1.55 34.95 2.05 28.85 95 190 27.84 

Upper Circumpolar Deep 

Water 

UCDW 2 34.60 2.4 32 72 170 27.52 

Antarctic Surface Water AASW 0 34.3 2 32 35 310 27.41 

Southern Tropical Mode 

Water 

STMW 21 36 0.2 0.15 0.5 160 25.12 

Table 3.4 Defined water mass endmembers for the eight water masses defined in this study.  Both 

Southern Tropical Mode Water (STMW) and Antarctic Surface Water (AASW) endmembers lie 

above the thermocline cutoff used in this study, however, the inclusion of these water masses is 

imperative for precise definition of all deeper water masses in the study area. 
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Figure 3.5 Contributions of each of the eight defined water masses to waters across the GP17-

OCE transect, on a scale of zero to 1, where 1 indicates the core of each water mass.  Core 

endmembers were not captured for surface water masses STMW and AASW, as well as deep water 

mass PDW.  Water mass movement through the water column, through upwelling (UCDW, 

LCDW) and downwelling (AASW) can be seen in two areas of the transect, as the pseudo-

northeast section of the longitudinal transect ventured back into northern waters.  This is also seen 

by inclusion of AAIW and PDW in both the latitudinal and longitudinal sections of the transect. 

3.4.2 Residuals 

Residual error for given properties is plotted as a result of the extended pyOMPA for each 

variable used in water mass percentage analysis (Figure 3.6).  These values, placed on a real scale 

– unlike the scale used for water mass contribution, shown as percentage – quantify the error for 

endmembers of each water mass based on their location within the water column at defined 

latitudes, which is expressed through percentage contributions of each water mass in the basin, 

explained in section 3.4.1 (Figure 3.4).  A value of zero in residuals is obtained when the 
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combination of linear mixing equations and endmember definitions of variables used in the 

analysis (predicted water mass properties) perfectly predicts the observed properties of the 

sampled waters. A near-zero value was targeted for each variable’s residuals, with a maximum 

range of 0 ± 0.2 used here to define the final set of endmembers in this analysis (Table 3.4).  This 

range has been used in previous studies (Evans et al., 2020, Evans et al., 2021, Peters et al., 2018) 

that completed water mass analyses of the Pacific Ocean Basin, and shows a good understanding 

of the core water mass values for the eight water masses defined in this transect. 

Figure 3.6 Residuals of all factors used in the water mass analysis of the Southern Pacific Ocean.  

Residuals are listed on a real scale and provide the error of each factor in the positive and negative 

direction across the entire transect.  A residual of zero means a perfect match for each factor as 

defined by endmembers in the analysis. 
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Study CT SA Phosphate Nitrate Oxygen Silica 

This study ± 0.04 ± 0.1 ± 0.1 ± 0.075 ± 0.04 ± 0.2 

Table 3.5 Final residual value ranges for each factor within the study area for GP17-OCE. 

 

Figure 3.7 Calculated remineralization rates and aerobic remineralization ratios for silica, nitrate, 

oxygen, and phosphate (Table 3.3).  Surface waters low in oxygen show most negative 

remineralization rates in the water column. 

3.5: Discussion 

Eight water masses were identified within the GP17-OCE cruise transect on its passage 

through the Southern Pacific Ocean basin (Table 3.1).  Of these water masses, AAIW, LCDW, 

and AABW were determined to have endmember or near endmember compositions captured along 

the transect (>89% composition in any sample) after the omission of conflating surface data for 

the analysis.  The other water masses defined here – SMTW, SAMW, AASW, PDW, and UCDW 

– did not have large full-endmember representative areas captured, but were found to have major 

contributions along the transect.  Importantly, we also note that in some cases, two water masses 

were transected twice in the study (AAIW and PDW), which is due to their broad presence in the 
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region and the three pseudo-transect orientations (S-N, W-E, SW-NE) of the GP17-OCE cruise 

across the South Pacific broadly.  

In the following discussion, we outline: 1) water mass endmembers determined in this 

study and their formation regions; 2) the general distribution of water masses; 3) implications for 

nutrient and TEI distributions, including iodine, across the South Pacific. 

3.5.1 South Pacific water masses 

3.5.1.1 Defining the surface 

An important step in defining endmembers is determining the regions in which the OMPA 

properties are most conservative.  Surface waters are notoriously difficult to define by pyOMPA 

(Llanillo, et al., 2013, Peters et a., 2018, Silva et al., 2009), as the nutrients that are used in the 

calculation of water mass endmembers are generally non-conservative at the surface (Figure 3.3).  

Therefore, for accurate representation of deeper water masses that are generally more conservative, 

and that are more consistent in their definitions, it is helpful to define an area of data that represents 

the surface, or, more specifically, the area of changing or known non-conservative factor values 

that hinder strong definitions of water mass endmembers.  In previous studies, these surface waters 

have been defined based on density and are generally cut for everything that is not intermediate 

waters and below, or around 27.1 kg/m3 (Peters et al. 2018, Evans et al., 2020) in northern and 

near-equatorial South Pacific waters.  These previous studies defined areas of the Pacific that were 

more consistent in surface density across their entire transect, and, therefore, a single density cutoff 

defined the surface waters in their transect areas.  GP17-OCE, while not necessarily longer than 

these other transects, passed through temperate waters just south of the equator and moved to very 

variable high latitude waters near Antarctica, then moved East to end along the coast of Chile 

(Figure 3.2).  The movement of this transect through these large chemical gradients is a strength 

and the intent of the selected cruise transect, especially in the hydrographic data used for pyOMPA; 

however, these variations and highly differing surface waters and water masses meant that a 

standard density cutoff like those used before was not possible for this data.   

The differences in CT and SA, and the resulting density, of the three surface and near-

surface water masses defined in this study – the STMW and SAMW in the north and the AASW 

in the south –is the most important factor preventing a clear density boundary used to define the 

surface for the purpose of the OMPA (Figure 3.4).  Specifically, STMW is found here to be light 

in density compared to previous definitions (Figure 3.8) at 25.12 kg/m3, while AASW is reported 
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to be much denser, at 27.4 kg/m3.  Just below these water masses, SAMW is found to be at 26.63 

kg/m3 and the AAIW at 26.98 kg/m3.  Because STMW, SAMW and AAIW are all less dense than 

the AASW in the south, it is challenging to define these surface waters based solely on density, as 

previous studies have done in North Pacific and near-equatorial waters.  Here, applying a density 

cutoff would mean deep unnecessary cuts in the transect north of 56°S, especially in AAIW. 

By instead recognizing the importance of defining the near surface water masses (STMW 

and AASW) and cutting the surface based on depth alone at 250 m, we are able to include all water 

masses present in the water column and create a more accurate definition of the Southern Pacific 

Ocean water masses (Figure 3.5).  Over the entire transect, a uniform depth cutoff of 250 m was 

placed, effectively removing turbulent surface waters from the calculations of water masses across 

the transect.  STMW and AASW are still included in the calculation of the OMPA itself, but most 

of their instance across the transect and their 100% endmember values are cut from the calculations 

as they are in majority found at or above 250 m in the water column.  Fringe values for these water 

masses are still seen in waters just below 250 m, as shown in Figure 3.5.  Values for all factors 

used in the OMPA taken at depths deeper than 250 m are used in the OMPA calculations and are 

not considered part of the surface waters.  The use of a single OMPA for all water masses in the 

transect with depth is a rigorous approach and used to define all waters together, where some 

previous water mass analyses have split the water column into two or three separate OMPAs for 

better fit of error between defined water masses (Peters et al., 2018, Lawrence et al., 2022). 

3.5.1.2 Water mass endmembers definitions 

We compared our water mass endmember definitions to that of ranges of previous reported 

values from studies of water masses and OMPA-based water mass analyses (Figure 3.8).  Our 

determined water mass endmembers are generally comparable with previously defined values 

(Table 3.4, Table 3.2), but some variations are observed. Below we discuss our endmember values 

in the context of the observed data ranges, justifications for our reported ranges relative to those 

observed in previous studies, and the resulting distribution and values of residuals quantifying 

error in our endmember analysis (Figure 3.6, Figure 3.8). 

The most important first step in determining the legitimacy of endmember values is 

ensuring the combination of water masses captures the data ranges for input parameter into the 

OMPA.  Figure 3.4 shows comparisons of the transect data and calculated endmembers for each 

CT-SA.  This is an important check on endmember placement once the transected water masses for 
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inclusion to the analysis are determined.  Predicted endmembers that land outside of known data 

should be treated with some suspicion and possibly iterated for better placement.  Understanding 

factor minimums and maximums (i.e. salinity, oxygen, nutrients) for each water mass can help in 

understanding of the correct placement of these endmembers on real data (i.e. AAIW as a salinity 

minimum).  In Figure 3.4, we show both the entirety of the dataset for GP17-OCE (gray circles) 

and the data used after 250 m surface cutoff and outlier cuts (black circles), with endmember 

definitions placed on top of this data (red diamonds).  It is easy to see in this way, for example, 

that the STMW and AASW endmembers are not captured in the OMPA—as their 100% 

contribution falls far outside of the included data—but are necessary for characterizing the full 

data range.  This is true for each of the four diagrams, including those for nitrate, silicate, and 

oxygen, all compared to the most conservative nutrient used in this calculation: phosphate (PO4)
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Figure 3.8 Ranges of factors used for OMPA reported in previous studies (gray boxes and black 

values) overlaid with end member definitions used in this study (gray vertical lines and red values). 

Importantly, while our OMPA across the GP17-OCE transect offers an opportunity to 

better constrain regional water mass formation and distribution, previous studies in the South 

Pacific offer an important ground-truthing opportunity.  Values that are not in range of previous 

reports are those of the included nutrients (phosphate, nitrate, silicate, and oxygen), and are, even 

then, close in value to the expected range.  The northern surface waters (STMW and SAMW) see 

the most variation and largest differences from expected values (Figure 3.6).  This is not surprising, 

as surface waters are known to be more difficult than deeper waters to define, and their interaction 
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with the air and high amount of mixing will cause highly variable values for non-conservative 

factors.  Nearly all temperature and salinity values were found to be very closely in range or, at 

most, have a <1.33% offset from previously reported values. Because of this, all calculated values 

of potential density, included in the endmember table for reference checks on temperature and 

salinity endmembers, were found to be aligned with previous values, as well (Table 3.4). 

A few endmembers of note defined in our water mass analysis differ from previously 

reported values for nutrients in the Pacific, although most by less than 30%.  First, the PDW 

defined here has a lower silicate value than previously reported, being defined here at 125 μmol/kg, 

while previously reported at about 160-170 μmol/kg (Reyes-Macaya et al., 2021 and Peters et al., 

2018, Lawrence et al., 2022).  PDW also has a slightly higher oxygen level than previously 

reported, reported here at 150 μmol/kg while previously reported around 105-140 μmol/kg (Reyes-

Macaya et al., 2021 and Peters et al., 2018, Lawrence et al., 2022).  In AABW, our oxygen value 

is reported at 240 μmol/kg while previously reported at a slightly lower value of 216 μmol/kg 

(Peters et al., 2018, Lawrence et al., 2022).  Finally, all nutrients for the STMW are found here to 

be slightly lower than previously reported by Reyes-Macaya et al., 2021, with nitrate at 0.2 

μmol/kg vs 0.46 μmol/kg, phosphate at 0.15 μmol/kg vs 0.74 μmol/kg, and silicate at 0.5 μmol/kg 

vs 2.23 μmol/kg (Table 3.2, Table 3.4).  The concentration of these components in the open ocean 

can be varied by many factors, including specific conditions at time of sampling.  

It is important to note that the specific values for these nutrient comparisons listed above 

refer specifically to three previous water mass analyses of the Pacific Ocean that took place in 

separate areas from this study – one between the Equator and 60⁰S at 90⁰W (Reyes-Macaya et al., 

2021), one through the Eastern Tropical North Pacific (ETNP) from the coast of Peru west to Tahiti 

(152⁰W) across an area of known oxygen minimum (OMZ) (Peters et al., 2018), and one through 

the Northern Pacific from Alaska to Tahiti (Lawrence et al., 2022).  Endmembers from these 

cruises were defined based on data from several World Ocean Circulation Experiment (WOCE) 

cruise transects (Reyes-Macaya et al., 2021), the CLIVAR (Climate Variability and Predictability) 

repeat hydrography cruise at P18 (Peters et al., 2018), and the Global Ocean Data Analysis Project 

version 2 (GLODAPv2) (Lawrence et al., 2022) to define forming regions of each water mass 

selected for the analysis, and define them based on forming region so as to calculate their influence 

on sampled waters.  Reyes-Malaya et a., 2021 focused on coastal waters near the Peruvian margin, 

and used δ18O, δD, and δ13CDIC along with temperature, salinity, oxygen, and nutrients to defined 
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water masses in the area.  Peters et al., 2018 used MATLAB OMPA with temperature, salinity, 

nitrate, nitrite, silicate, phosphate, and oxygen to define water masses across the GEOTRACES 

GP16 cruise transect, where there is a secondary nitrite maximum in the Peruvian OMZ.  Lawrence 

et al., 2022 used pyOMPA, as is used here, to determine the water masses present along the 

GEOTRACES GP15 cruise transect, using the same parameters as this study: temperature, salinity, 

nitrate, silicate, phosphate, and oxygen.  Although these three studies used different methods of 

determination for the water masses, all three came to similar conclusions about their distribution 

and occurrence across the Pacific basin.  Therefore, it is important to note that our water mass 

definitions fit well with these previous definitions (Figure 3.8), and we are not attempting to define 

here novel water mass endmembers that have not been discussed in other studies focusing on this 

region, but our constraints on their South Pacific Distribution are novel. 

Residuals found as a result of these calculations are low and within range of previous 

pyOMPA studies (Evans et al., 2023, Lawrence et al., 2022).  Clear outliers were excluded from 

the data as determined from very high residuals and cross-checking with the metadata to confirm 

that the point was outside normal data bounds for the area.  Exclusion of these outliers and many 

rounds of iteration of endmember values allowed for very precise endmember values, extremely 

low residual error values, and high confidence in the values used to describe all water masses 

included in this study (Figure 3.6).  The highest residuals are found for silicate (± 0.2), phosphate 

(± 0.1), and absolute salinity (± 0.1). With the importance of the weighting of the variables in mind 

– in this case, absolute salinity and conservative temperature with the highest weightings and 

therefore being assigned the highest importance in their definitions – these residuals tell us that 

there is the most uncertainty in silicate, phosphate, and absolute salinity within our chosen 

endmember definitions for these water masses.  Importantly, these residual values are not large in 

accordance with previous studies (Evans et al., 2020, Evans et al., 2023, Peters et al., 2018), 

however, it is important to resolve possible sources of error within the initial water mass definitions 

for a clear understanding of results.  The largest sources of uncertainty are located at the surface 

and generally within areas of water masses located above 1000 m.  This is unsurprising, as surface 

waters are notoriously difficult to constrain and the semi-conservative nature of nutrients used in 

the OMPA is less true in surface waters where biogeochemical activity is prevalent and vertical 

mixing plays a larger role in definitions.  Lower residuals are found in deeper waters where water 

changes are slower, and the values of all factors are more conservative. 
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3.5.1.3 Water mass formation regions 

Although there are eight identified individual water masses along the GP17-OCE transect 

(Table 3.1), this cruise passes through the known forming region of only one of these waters – the 

“main” AAIW forming region off the coast of Chile (Figure 3.1).  AAIW has three individual 

forming regions in the Pacific (Figure 3.1), and in the southeast specifically, it is partially formed 

from a mixture of Ekman transport and subduction of AASW north of the subantarctic front (SAF) 

in the Drake Passage (Bostock et al., 2013).  Although this forming region is well-known (Bostock 

et al., 2010, Bostock et al., 2013), evidence for the cruise transect crossing through this forming 

region is immediately apparent in the results of the OMPA (Figure 3.5), as the fraction of AAIW 

as defined by endmembers (Table 3.4) in this region (station 35 through 37) reaches over 80%, 

surpassed only by a small region between stations 12 and 14 where this fraction reaches up to 

91.5% (Figure 3.5).  The remainder of the transect shows areas that reach between 0 and 80 

percent, especially in the northern part of the latitudinal transect, but the majority stays below 10%.  

Because this large fraction contribution to AAIW is found near the end of the longitudinal transect, 

we can reasonably say that the endmember of AAIW from the Southeast Pacific forming region 

was captured, and the influence of AAIW spreading from this forming region out to the open ocean 

basin allows for the capture of this same water in the latitudinal section of the transect, as described 

in following sections.   

The longitudinal section of the GP17-OCE cruise does not intersect but follows in parallel 

the region of greatest AASW influence, along with regions used for definition of UCDW, LCDW, 

and AABW (Figure 3.1).  Dense AABW is formed from a mixture of dense brine-rejected AASW 

and upwelled LCDW and sinks deep into the Southern Ocean below the ACC which will carry it 

eastward around the Antarctic (Talley 2013).  UCDW that is upwelled to Southern Ocean waters 

through the Pacific is warmed and mixes with surface waters, returning north to contribute to 

AAIW formation (Talley 2013).  Upwelling of UCDW and LCDW brings high concentrations of 

nutrients to the surface ocean in the South Pacific, which contributes to high biogeochemical 

activity in these areas.  The GP17-OCE cruise track crosses areas with a significant portion of the 

endmembers of these waters – with AABW captured up to 92%, LCDW up to 89%, and UCDW 

up to 52% below the 250 m surface cutoff.  UCDW is concentrated significantly at the very surface 

of these waters after upwelling, so the endmember waters are further removed by this 

parameterization. 
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  The mode waters – STMW and SAMW – are formed from deep winter mixing that allows 

for their distribution down to 500 m in the water column (Talley 2011, Hanawa and Talley 2001) 

and across large surface areas of the Pacific basin.  Specifically, the South Pacific STMW 

(SPSTMW) is generally located between New Zealand and Fiji, north of the Tasman Front, and is 

relatively thin compared to other mode waters in the Pacific (Hanawa and Talley 2001).  These 

waters are formed north of the SAF in the Pacific, and as the GP17-OCE cruise transect moved 

through the northernmost part of its transect south of Tahiti, we capture up to 78% (SAMW) and 

79% (STMW) of the endmember waters for these water masses (Figure 3.5).  AASW, the only 

true surface water that is sampled in this cruise, is formed behind the SAF and is a typical surface 

water with local origin (Talley 2011).  AASW was encountered along the GP17-OCE cruise 

transect at its southernmost points along the longitudinal portion of the cruise transect (Figure 3.5).  

We capture 56% of the endmember waters of AASW in the calculations for the OMPA at depths 

deeper than 250 m beyond 60°S.  Because most of this surface water is trimmed with the 250 m 

surface cutoff for analysis, much of the surface STMW and AASW were removed from the 

analysis. 

The final water mass sampled, PDW, enters the South Pacific basin from the north above 

the NADW.  The GP17-OCE cruise sampled waters at the end of the PDW’s influence in the South 

Pacific at the beginning of the latitudinal transect and the end after the cruise’s pseudo-northward 

transect at the end of the cruise.  Fractions of up to 50% for PDW were measured by the water 

mass analysis for these samples.  

3.5.1.4 AAIW and PDW: two zones, one “flavor” 

While water masses may evolve due to non-conservative or semi-conservative parameters 

(e.g., nitrate, phosphate, silicate, and oxygen) or even have multiple formation regions (e.g., 

AAIW).  We found the two water masses transected in multiple locations during GP17-OCE 

(AAIW and PDW) to each have a single endmember definition (Figure 3.1). This is particularly 

relevant to AAIW and PDW, which are found to be present in two distinct areas of the transect, 

along the latitudinal transect and the final stations of the longitudinal transect.  The longitudinal 

portion of GP17-OCE passes through a major area of AAIW influence in the latitudinal transect 

and ends through the main AAIW forming region off the coast of Chile (Bostock et al., 2013, 

Bostock et al, 2010).  It is interesting to observe that the endmember value is almost completely 

captured at these stations, as the AAIW trends to 80% only at these final stations, and as it moves 
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out from this region and is bisected by the latitudinal stations, its inclusion is generally only around 

60% except for one region between stations 12 and 14.  We note that other TEIs not used in this 

water mass analysis may better distinguish AAIW source regions and improve on our 

understanding in future studies. 

AAIW has varying core depth across the Pacific Ocean, as it is found across the basin from 

about 15⁰N to about 60⁰S.  Differing core densities based primarily on latitude can be found in the 

main southeast AAIW forming region near the coast of Chile ahead of the Subantarctic Front 

(SAF), a second, more westerly southern ocean (SO) forming region between 120⁰W and 150⁰E, 

and a final third forming region in the Tasman Sea (Bostock et al., 2013) (Zenk et al., 2005) (Figure 

3.1).  At 152⁰W and from 20⁰S to 67⁰S along the latitudinal portion of the GP17-OCE transect, 

Zenk et al., 2005 shows that the core density of the AAIW encountered in this area is around 700 

m depth.  This is consistent with the results of our analysis (Figure 3.5), as our core AAIW sits 

near 700 m in the northern regions where the water mass is not actively subducting, and at stations 

35 through 37, where the longitudinal transect heads north through the forming region and 

intersects AAIW for a second time. 

Pacific Deep Water is also found at these two distinct areas of the transect, however the 

reason is different than for AAIW.  PDW flows in from the north, (Figure 3.1, Figure 3.9) above 

the North Atlantic Deep Waters (NADW) into the South Pacific (Talley 2011).  As it is flowing in 

from the north, our transect crosses areas of PDW twice where samples were taken north of 56⁰S 

(Figure 3.5).  These instances, like AAIW, are also described with one final set of endmembers.  

The endmembers of PDW are also found on the very edges of included hydrographic data for the 

pyOMPA, and the true endmember is not captured in the analysis, as with the two most surface 

waters (section 3.5.2.1).  Although PDW is not directly involved with waters that are upwelled 

along the South American margin, it is possible that PDW waters here may be affected by regional 

upwelling and movement of nutrients and other semi-conservative tracers from deeper waters.  It 

is important to keep these factors in mind when considering endmembers for PDW in this area as 

it moves south. 

3.5.2 Water mass distributions 

3.5.2.1 Surface water masses and their contributions to deeper water masses 

Upwelling and subduction of deep and bottom waters can be visually interpreted by semi-

conservative nutrients that are used in pyOMPA to define regions of specific water mass 
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contribution through the GP17-OCE transect (Figure 3.3).  Importantly, the subduction and even 

age of these water masses can be tracked by stable δ18O, SF6, chlorofluorocarbons (CFCs) (Reyes-

Malaya et al., 2021, Hartin et al., 2011, Rodehacke et al., 2007), and other atmospheric derived 

tracers reset while the water mass is at the surface. These alternative tracers can be used to 

differentiate surface and deeper water masses and track the rate of subduction of deeper water 

masses in open ocean basins.  Although these factors are not measured here, it is important to 

understand the evolution of surface water masses into intermediate, deep, and bottom waters and 

the effect that this subduction has on the movement of other nutrients used in water mass analyses.  

Below we discuss the formation and important aspects of water masses constrained in this analysis 

that help to determine their influence on the GP17-OCE transect. 

Of the three surface water masses determined by the pyOMPA, the AASW and STMW 

endmembers are least captured in the transect but play an integral part in the definition of the other 

six water masses that make up the bulk of the sampled area with depth and latitude (Figure 3.5).  

The AASW and STMW endmembers that indicate “core” instances of these waters are found to 

be on the very edges of the data used in the pyOMPA (Figure 3.5), but these waters mix and 

nutrients are likely to diffuse to the next most surface water masses and they themselves are present 

in small amounts below 250 m. These water masses are therefore important even below the surface 

water threshold determined for the water mass analysis here.  Although it is still very difficult to 

constrain the very surface ocean in general, the inclusion of these two edge surface waters allows 

for a better constraint on intermediate and deep waters along the GP17-OCE transect specifically.  

Without their inclusion, the small amount of surface water mass values that are included in the 

surface-cut data appear as outliers and significantly increase residuals for every factor included in 

the pyOMPA.  These two surface water masses are individually important members of the 

“latitudinal” and “longitudinal” sections of the transect, respectively.  The AASW, in part because 

of its very high density (Table 3.4), is also a major player in intermediate water mass definitions.  

As AASW subducts after mixing with surface UCDW from higher latitudes, it forms SAMW and 

AAIW in the water column, therefore becoming a more permanent part of the Southern Pacific 

basin after forming itself from ice shelves near Antarctica (Zhou et al., 2014).  Importantly, it is 

possible to see the difficulty in defining these surface waters in the residuals for these water masses 

at the surface and just below the 250 m surface threshold in Figure 3.6.  Higher residuals in these 
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surface areas highlight the difficulty in constraining surface water masses and their presence below 

the surface cutoff defined here is visible. 

 

Figure 3.9 Visual interpretation of water mass inclusions into the Southeast Pacific.  Arrows 

indicate direction of upwelling or movement into transect area.  GP17-OCE transect indicated by 

gray dashed line on surface of ocean. 

3.5.2.2 AABW North of the Pacific Antarctic Ridge 

The deep water masses present in this transect move in from the North as PDW or mixed 

UCDW and LCDW, the latter of which upwell to the surface at high latitudes around Antarctica.  

These deep waters make up much of the water column, and the UCDW and LCDW are very 

prominent as they upwell from mixed deep waters where they are formed in low latitudes into 

higher latitudes at near-surface depths, bringing high concentrations of nutrients with them from 

nutrient rich, old waters.  Particularly for this transect, the endmember for the UCDW is only 

barely captured after the cut data for the pyOMPA is determined (section 3.5.2.1) – the area of 

“core” UCDW is found very close to the surface in this transect near Antarctica and decreases in 

influence quickly through the water column.  The most major player in these waters for GP17-

OCE is LCDW, shown very prominently throughout the transect as is upwells through from 

northern waters to the south in both the latitudinal and longitudinal sections of the transect as it 

moves from lower latitudes towards higher latitudes (Figure 3.5).  The PDW can be seen somewhat 

bisecting the LCDW as it moves in from the north, as it sits at a similar density range to the LCDW 

and is known to be part of UCDW’s formation history. 

The only bottom water transected by the GP17-OCE cruise is the AABW, which is formed 

from Antarctic Circumpolar Current (ACC) waters (Talley 2011) and is the densest of the deep 
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water masses in this study, as it has the lowest temperature of all the water masses considered here 

and a relatively high salinity as intense cooling and sea ice formation create very dense waters that 

sink to the bottom of the ocean near Antarctica (Solodoch et al., 2022) (Table 3.4).  Core AABW 

sits just behind the Pacific-Antarctic ridge, however, it is important to note that it does have some 

influence north of this ridge, either from upwelling or mixing with LCDW which brings it 

northward as it subducts after mixing with surface waters (Figure 3.5) (Baker et al., 2023). 

AABW is formed at high latitudes south of the Pacific-Antarctic Ridge and, because of its 

high density, the majority of this water mass stays at high latitudes at the bottom of the water 

column behind this ridge (Figure 3.9).  However, this water mass analysis indicates that a portion 

of AABW moves to lower latitudes, likely as a result of upwelling and mixing with LCDW.  The 

similarities between the two water masses become important because of AABW’s influence north 

of the Pacific-Antarctic Ridge. For example, the Deep Western Boundary Current (DWBC) pulls 

AABW that is formed in the Weddell Sea northward through the Drake Passage into the South 

Atlantic (Talley 2011) and carries these dense waters northward.  This is likely possible because 

of mixing with the less dense LCDW directly above it, which will then continue to mix with ever 

lighter waters as it is pulled northward (Baker et al., 2013) (Figure 3.5).  It is likely that a similar 

process occurs in the deep southern Pacific Waters, and the AABW formed here mixes with lighter 

upwelled LCDW and is pulled northward to a mild extent as a result of mixed LCDW downwelling 

with surface waters across the Pacific Antarctic Ridge to form AAIW.  The majority of AABW is 

still found in the deepest waters behind this ridge, as movement on its own is inhibited by 

topography. 

3.5.3 Implications for nutrient and TEI distributions 

3.5.3.1 Sources of nutrient variations 

Aerobic remineralization ratios are provided as part of the pyOMPA definitions for 

calculation, and remineralization ratios are included as part of the OMPA output for visual 

understanding of nutrient distribution and use across the area defined in the water mass analysis 

(Figure 3.7).  Remineralization rates are found here to be negative in surface waters slightly below 

250 m, increasing to their highest positive values around 1000 m, and then steadily decreasing 

with depth through the remainder of the water column.  Oxygen is consumed in the process of 

aerobic remineralization, and this must be considered when measuring the concentration and 
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distribution of oxygen as a nutrient in the water mass analysis in waters with high amounts of 

anticipated remineralization. 

The process of remineralization releases pre-formed nutrients (i.e. phosphate, silicate, and 

nitrate) back into the ocean by organic matter breakdown in surface waters (Figure 3.3, Figure 

3.7).  These nutrients were previously locked in primary producers, and their release adds to the 

concentration of some semi-conservative nutrients that are included in the calculations for this 

extended OMPA.  Cabbeling of these released nutrients increases the density of deeper water 

masses (Carter et al., 2014) and has a substantial role in the formation of AAIW and AABW.  The 

amount of nutrients that are available in the water column is heavily influenced by the amount of 

remineralization that occurs in deeper waters, but the nutrients’ main form of distribution is 

mediated by mixing of surface waters and processes like upwelling and vertical diffusion that 

change the concentration of nutrients in the water column.  As bacteria and phytoplankton in the 

surface waters die and slowly sink to deeper depths, these pre-formed nutrients are accumulated 

to a high degree in deeper water masses.  Mixing processes then move these nutrients within the 

water column can be quite slow, and it can also take a significant amount of time to reintroduce 

accumulated nutrients to the surface from deeper, more dense waters (Sigman and Hain 2012).  

These variations and drivers of distribution are important to consider when visualizing patterns of 

aerobic remineralization across the entire GP17-OCE transect. 

3.5.3.2 Contribution of iodine to water masses along the GP17-OCE transect 

Iodate was measured as described in Chapter 2 of this dissertation (Figure 3.10) along the 

entire transect of GP17-OCE at 24 of 38, including stations 1 and 38.  Iodine follows well known 

trends of distribution across the South Pacific (Chance et al., 2014, Moriyasu et al., 2023, He et 

al., 2013, Chance et al., 2010, Moriyasu et al., 2020, Tsunogai and Henmi 1971), with a distinct 

increase in value from surface to depth in lower latitude regions where IO3
- is rapidly reduced by 

bacteria and phytoplankton in the surface ocean (Hepach et al., 2020, Moisan et al., 1994, Bluhm 

et al., 2010, Chance et al., 2007, Councell et al., 1997).  Concentrations of IO3
- increase as bacterial 

influence decreases with depth in the water column.  In higher latitudes, which encompasses much 

of the GP17-OCE stations, upwelling from IO3
--rich deep waters to the surface (i.e. 

UCDW/LCDW) results in uniform concentrations of IO3
- throughout the water column, settling 

around 400 nM for the entire depth profile at these stations.  These consistent profiles (Chapter 2, 
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Figure 2.8) mean that it is difficult to use “excess” concentrations of IO3
- across the transect as a 

TEI tracer of water mass movement. 

 

Figure 3.10 Measured Iodate across the GP17-OCE transect. 

Contributions of semi-conservative TEIs such as IO3
-  to water masses can be important 

tracers of water mass movement and mixing.  In low oxygen waters, low concentrations of IO3
- 

have been used to measure the extent of OMZs and associated water masses (13CW) (Evans et al., 

2020).  Evans et al., 2020 indicates that increasing concentrations of IO3
- indicate mixing with 

higher-oxygen waters (NEPIW), and signal the end of the area of influence of the OMZ.  

Concentrations of IO3
- were measured in 24 depth profiles and across the well-oxygenated surface 

of the GP17-OCE transect.  Decreases in surface IO3
- concentrations are prevalent at low-latitude 

stations near 20⁰S and show a “typical” IO3
- profile (Bluhm et al., 2010).  At higher latitudes, this 

decrease in surface IO3
- concentrations likely caused by prevalent biogeochemical cycling by 

diatoms and bacteria such as Syneccococus and Prochlorococcus (Hepach et al., 2020) is 

overridden by intense upwelling of IO3
- rich deep waters, and the profile becomes uniform at about 

400 nM from surface to depth. 

Unfortunately, the inherent nature of uniformly high measured IO3
- concentrations 

throughout the water column at high latitudes in GP17-OCE means that a change in concentration 

of IO3
- in surface waters as they move north to form AAIW could not be determined.  It is likely 

that I-, as it is even more conservative than IO3
- because of known slow rate of oxidation to IO3

- 

(Schnur et al., 2024, Hardisty et al., 2021), may be an even better tracker of water mass formation 

and movement in oxygenated South Pacific waters.  Future measurements of these values from the 

GP17-OCE stations will aid in this determination. 
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Predicted IO3
- for the South Pacific was calculated using a linear mixed-effects model that 

includes consideration of IO3
- removed by aerobic respiration and the contributions of IO3

- to each 

water mass as determined by the actual amount of IO3
- measured and contained in those water 

masses, a value that differs with depth and station across the entire transect (Figure 3.11).  

Predicted IO3
- is plotted against our observed IO3

- values in Figure 3.11, and demonstrates the 

invariable nature of measured concentrations across the sample region.  Measured IO3
- shows to 

be, on average, about ±63 nM from predicted IO3
- (Figure 3.11).  

In a linear mixing model (LMM), predicted values, if predicted correctly, should exhibit a 

1:1 ratio with measured values across the entire dataset.  Deviations from this 1:1 ratio could 

indicate high residual error in the model.  The distribution of predicted vs measured IO3
- plotted 

here (Figure 3.11) violates the 1:1 ratio and is likely due to missing random effects (unmodeled 

sources of variance) from the model, for which distributional assumptions cannot be easily 

checked and which have more serious consequences for LMM than for linear models (Schielzeth 

et al., 2020), thus creating a bad fit.  The fixed effects used in the LMM for prediction of IO3
- are: 

1) the water mass fractions of the eight defined water masses of GP17-OCE, 2) values of aerobic 

respiration as defined by the OMPA, and 3) the measured IO3
- concentrations across the transect.  

Effects that vary randomly across a population that may be affecting the fit of the models include 

varying temperature, salinity, and nutrient concentrations across the transect.  The effects of 

changing concentrations of semi-conservative nutrients such as phosphate, nitrate, and silicate, and 

larger effects of changing temperature and salinity across the expansive transect are not currently 

factored into this model, and, if included, may account for some observed scatter and violation of 

the 1:1 ratio, as any one of these might be a “higher level” random effect that causes cascading 

down to residuals (Schielzeth et al., 2020). 

We can use the plotted results of the LMM to make qualitative predictions about the factors 

controlling IO3
- distribution in the South Pacific.  The variance of the fixed effects here (i.e. 

measured IO3
- concentrations) is larger than random effects predicted.  Inflated standard errors are 

reported for most of the more surface water masses (Table 3.6), including AASW, SAMW, 

STMW, UCDW, and, interestingly, the deeper PDW.  This might predict that there is strong 

mixing or other factors, such as unaccounted for in situ oxidation or reduction of iodine found in 

measured samples that is skewing the model.  Inclusion of more effects may serve to better inform 

the model and create a better fit. 
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Figure 3.11 Measured IO3
- values (nM) plotted against predicted IO3

- values calculated using a 

linear mixed effect model (LMM) from the water mass fractions calculated in pyOMPA and the 

results of aerobic respiration. 
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Water Mass Standard Error 

Antarctic Intermediate Water 17.58 

Subantarctic Mode Water 38.66 

Antarctic Surface Water 64.99 

Antarctic Bottom Water 12.82 

Pacific Deep Water 41.46 

Lower Circumpolar Deep Water 17.34 

Upper Circumpolar Deep Water 68.47 

Southern Tropical Mode Water 44.32 

Table 3.6 Standard error for predicted IO3
- in each water mass in GP17-OCE OMPA.  Higher 

values may indicate missing random effects that could lead to a bad fit for the LMM. 

3.5.3.3 Other non-conservative processes impacting distribution 

The largest source of other non-conservative processes impacting distribution of nutrients, 

including IO3
-, throughout the cruise transect is hydrothermal vent influence.  There are two known 

areas of hydrothermal vent influence in the GP17-OCE transect: the first is at stations 18 and 20 

(-56.30⁰S, -145.28⁰W and -57.60⁰S, -144.85⁰W), and the second is near the coat of Chile, at stations 

35 and 37 (-54.35⁰S, -76.55⁰W and -53.50⁰S, -75.75⁰W).  Hydrothermal vents are thought to 

influence iodine values through reactions with manganese, and IO3
- values at stations 18 and 25 

are reported slightly higher than their surrounding counterparts (~450 nM average).  The 

difference, however, is not extremely significant and does not allow for further calculations of 

water mass movement.  No clear trend in [IO3
-] at all hydrothermal vent stations is observed.   

Measurements of other nutrients at these hydrothermal vent sites also show uncharacteristic 

variability that leads to outliers in the hydrographic data, cut for pyOMPA (Figure 3.3).  

Specifically, hydrothermal vent influence may correlate with several areas of outlying points that 

were cut separately from surface values for calculation of the OPMA and consideration of low 

residuals.  These values accounted for less than 5% of all data points used in the water mass 

analysis. 

Benthic sources of iodide (I-) may impact values of total iodine as the transect moves 

towards the coast of Chile.  Measurement of these values and the values of total iodine (iodate plus 

iodide), including what could be defined as “excess iodine” (Moriyasu et al., 2020) could be useful 

for discerning trends of iodine off the coast, near the sea floor with depth profiles, and possible 

rates of water mass movement if these profiles show variability with depth.  These measurements 
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would be a further step in understanding if iodine can be used as a conservative tracer for water 

mass subduction throughout the open ocean. 

3.6: Conclusion 

With this calculation of a single extended pyOMPA of the Southern Pacific Ocean, we 

aimed to quantify water mass contributions along the entire GP17-OCE transect.  We identified 

eight major water masses along the GP17-OCE transect throughout the water column below a 

depth of 250 m which was used to define the difficult-to-delineate surface waters of the transect.  

Three of these water masses were surface water masses, with two edgemember surface water 

masses contributing little to the overall waters that were described using this water mass analysis, 

but whose endmembers provided crucial definition of the surrounding waters and deeper water 

masses within the transect.  The other five water masses were intermediate and deep waters of the 

Pacific, each delimited to specific areas of the basin by their unique densities and nutrient makeup.  

Where water masses were intersected twice, it was found that a single forming region was 

established for each, so that a single set of endmembers correctly and distinctly defined each water 

mass without need for a second set for any of the water masses transected here.  Calculated aerobic 

respiration rates showed positive remineralization throughout the water column with the exception 

of the surface where oxygen utilization is high and available nutrients are low as microbial activity 

is prevalent. 

The contribution of iodine in these water masses and tracking its movement through 

subduction northward by Pacific Ocean basin waters is difficult to establish, mainly because of 

uniform concentrations of IO3
- throughout the water column at high latitudes, which, when 

subducted to intermediate waters, show a very similar concentration in low latitude surface waters 

that is expected in higher latitude deep waters.  Physical mixing may play a major role in observed 

iodine speciation, however, these values must be tracked in another way in order to better 

understand the movement of TEIs through water mass movement in the South Pacific basin. 
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APPENDIX 
 

Station Bottom Depth (m) Station Bottom Depth (m) 

1 4242 21 FISH only 

2 4291 22 3427 

3 4659 23 3907 

4 4602 24 4476 

5 4532 25 4590 

6 5129 26 4221 

7 5138 27 4741 

8 5635 28 FISH only 

9 5575 29 4688 

10 5356 30 4495 

11 5130 31 FISH only 

12 5057 32 5034 

13 4688 33 FISH only 

14 3987 34 4067 

15 3661 35 3999 

16 3228 36 4142 

17 FISH only 37 3345 

18 2596 38 93 

19 FISH only   

20 3131   

Supplementary Table 3.1 Bottom depths (m) of depth profile stations along GP17-OCE transect.  

All stations designated “FISH only” have a single reading at 3 m and no corresponding depth 

profile. 

Study CT SA Phosphate Nitrate Oxygen Silica 

Reyes-Macaya et al., 2021 24 24 2 2 7 3.5 

Evans et al., 2020 24 24 2 7 - - 

Karstensen and Tomczak 1999 24 24 2 2 7 2 

Llanillo et al., 2013 24 24 7 7 7 3.5 

Evans et al., 2023* 12 8 6 4 2 2 

Lawrence et al., 2022* 

(intermediate/deep) 

56 80 5 5 1 3 

This study 12 8 6 4 2 2 

Supplementary Table 3.2 Comparisons of weighting from previous OMPA studies.  Weightings 

used in this study are taken from the Evans et al., 2023 study, which used the same pyOMPA format 

in the Pacific Ocean Basin that is used for this water mass analysis.  ‘*’ indicates pyOMPA used 

in study. 
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Study Phosphate Nitrate Oxygen Silica Area 

Rubin et al., 1998 1 11.8-14.2   South Pacific 

Li et al., 2000 1 12-14 161-179  HOT 

Li and Peng 2002 1 14-16 128-138  Pacific Ocean 

WOCE data 2001 1 13.5-14.5 126-146  South Pacific (10°S-70°S) 

Carter et al., 2014 1 14.9-16.1 82-126  Southeast Pacific 

Boulahdid and Minster 1989 1 14.7 118  South Pacific 

Demuynck et al., 2020    ~16, N:Si is 1:1 Southern Ocean 

Freeman et al., 2018    ~16, N:Si is 1:1 Southern Ocean 

Supplementary Table 3.3 Comparisons of remineralization ratios from previous Pacific Ocean 

basin literature. 
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CONCLUSIONS 

 

The understanding of iodine redox species distribution in the surface ocean is important 

for consideration of its use in climatological models and its use in a paleoredox proxy for 

understanding distribution of oxygen in ancient oceans.  The measurement of modern 

concentrations of I- and IO3
- in the world oceans, especially those that are currently under 

characterized, can give us a sense of the processes that govern distribution of trace elements such 

as iodine and the flow of oxygen through marine systems.  As oxidized iodine as IO3
- is secluded 

into carbonates and stored can be used as an ancient record of ocean oxygenation, insight into the 

rates and methods of in situ IO3
- formation helps us to discern how and where IO3

- is likely initially 

formed.  As rates of I- oxidation to IO3
- directly are known to be slow, and likely found only in 

“hotspots” of formation such as areas of high biogeochemical activity, ODZ’s, and pore waters 

(Schnur et al., 2024), an additional understanding of the ex situ movement of ocean waters that 

may carry IO3
- from formation zones into larger oceanic systems is also necessary. 

This dissertation explores several possible rates and mechanisms of IO3
- formation and 

distribution throughout two ocean systems; first, in situ rates of IO3
- formation with possible 

formation by ROS in the oligotrophic Bermuda Atlantic Time Series (BATS) in the Atlantic Ocean, 

and second, ex situ methods of I- and IO3
- distribution throughout the entire Pacific Ocean Basin 

through measurement of iodine concentrations across the GEOTRACES GP15 and GP17-OCE 

cruise transects. 

Chapter 1 presented insights into in situ rates and pathways of IO3
- formation in surface 

ocean seawater, with a focus on the role of reactive oxygen species was given to IO3
- formation in 

natural systems.  In order to track I- oxidation to IO3
-, the radioactive tracer 129I was added to 

incubations of natural seawater to track its incorporation into systems with an abundance of 

naturally occurring 127I through 129I/127I ratios of I-, IO3
-, and DOI, from the Bermuda Atlantic Time 

Series (BATS) in the Atlantic Ocean.  As iodine redox species are in disequilibrium at the sea 

surface, where there is an abundance of I- that would not be expected if oxygen was the leading 

oxidant of I- to IO3
-, it was important to consider other mechanisms that support oxidation in 

natural settings, such as extracellularly-produced reactive oxygen species (ROS).  Oxidation of I- 

to IO3
- by ROS had yet to be tested under ambient marine conditions, although it had previously 

been reported in culture (Li et al., 2014).  Results showed a discernible lack of I- oxidation to IO3
- 

stimulated by ROS, with an overall slow rate of environmental oxidation of less than 2.99 nM day-
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1.  Because of this slow rate of I- oxidation, it seems likely that the bulk of IO3
- formation is 

occurring in formation “hotspots”, like as areas of very high biogeochemical activity, ODZ’s, and 

in pore waters (Hardisty et al., 2021), instead of ubiquitously and commensurably throughout the 

ocean.  Because of this, it appears likely that ex situ sources of transportation were likely large 

drivers of iodine redox species distribution throughout the ocean, a premise that was explored in 

Chapters 2 and 3. 

Chapter 2 expands upon the idea of ex situ sources of water mass movement with a 

completion of the first full basinal transect of iodine redox species measurements through the 

undercharacterized Pacific Ocean at 152°W and a look into rates of upwelling and vertical 

diffusion in the South Pacific using the complimentary tracer 7Be.  Concentrations of I- and IO3
- 

from surface samples taken during the GP15 (Alaska to Tahiti) and GP17-OCE (Tahiti to Antarctic 

waters) were measured and the values compared with previous measurements of iodine from other 

studies of the open ocean across latitudes.  The values that were measured showed good agreement 

with previously reported trends of iodine distribution (Chance et al., 2014, Moriyasu et al., 2023, 

He et al., 2013, Chance et al., 2010, Moriyasu et al., 2020, Tsunogai and Henmi 1971), and a full 

transect of iodine measurements was made for the Pacific Ocean.  With this clarity on natural 

distribution, insights into the rates of upwelling and vertical diffusion, ex situ sources of water 

mass movement that could contribute to the dispersion that was captured by the transect, were 

explored.  The tracer 7Be was used as a tool for tracking these rates of upwelling and vertical 

diffusion, and a full mass balance of the Southern Pacific Ocean was obtained because of the 

analogous profiles of 7Be and IO3
- in the ocean with depth.  It was found that the rate of IO3

- flux 

was in range of a previous study at the Hawaii Ocean Time Series (HOT) done in the Pacific, 

although the iodine:carbon ratio measured in this mass balance was found to be higher than 

previously reported in open ocean waters (Campos et al., 1996).  Even so, the results of this study 

point importantly towards the significance of mixing and water mass movement as a source of IO3
- 

distribution, especially from deeper waters where iodine is almost completely found as IO3
-.  As 

these processes of upwelling and vertical diffusion are important but, in terms of basinal scale 

processes, are small, the next step was to consider the movement full water masses in the South 

Pacific and the effect of incorporated iodine into large basinal-scale movement of ocean water. 

Chapter 3 dove heavily into the definition and discernment of the water masses of the South 

Pacific through a water mass analysis using an Optimum Multi-parameter Analysis (OMPA) tool 
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for calculating water mass percentage of samples taken from the GP17-OCE cruise.  Hydrographic 

data from across a latitudinal transect at 152°W and a pseudo-longitudinal transect at 67°S ending 

at the coast of Chile were used with a surface cutoff of 250 m to define eight water masses in the 

South Pacific.  The definition of these water masses and visualization of their movement 

throughout the South Pacific Basin has major implications for understanding the movement of all 

conservative and semi-conservative nutrients that are incorporated into these water masses, for 

which we know that iodine is one.  [IO3
-] profiles measured across the transect at most high latitude 

stations (a majority of GP17-OCE’s transect), were found to be nearly uniform at around 400 nM 

concentration from surface to depth.  Subduction of IO3
- by way of “excess iodine” in the water 

masses therefore could not be measured, as no change was visible from surface values to those in 

the deep. 

The initial insight gained from these studies indicates that I- oxidation to IO3
- is slow, not 

expected to be aided in a significant way by ROS, and likely occurring in only in specific areas, 

or “hotspots” of formation, rather than ubiquitously across the world oceans.  In order for the well-

understood distribution of iodine redox species across latitudes to occur, it is likely that ex situ 

methods of movement are more important than previously thought.  In this case, insights from the 

GP15 and GP17-OCE cruises show that upwelling and vertical diffusion play a role in IO3
- 

movement from depth to the surface causing high concentrations of IO3
- especially at high 

latitudes, and water mass movement, as it heavily influences many conservative elements in the 

South Pacific, likely influences the distribution of conservative IO3
- as well as it is subducted with 

arctic surface waters to the deeper northern waters of the Pacific.  More quantification, likely with 

I- – which is more variable over depth profiles at high latitudes – may be needed. 

In addition to the undercharacterization of the Pacific Ocean in regards to iodine redox 

species concentrations, iodine in the world ocean in general is not well characterized, and the rates 

of IO3
-’s oxidation from I- and movement throughout large scale bodies are not well understood.  

Further basic measurement of iodine in more areas of the worlds oceans would help tremendously 

in the characterization of these species, and aid in comparison of the values of rates and distribution 

that are already reported.  As other studies have reported varying levels of I- oxidative activity both 

in and outside the presence of intermediates (Fentske et al., unpublished, Ştreangă et al., 2024, 

Hardisty et al., 2021) and the presence of ROS (Schnur et al., 2024, Li et al., 2014), more study of 

the reactions of iodine in ambient conditions and, especially, a deeper examination of the 
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importance of iodine intermediates in the oxidative process would allow for more precise 

understanding of IO3
- formation in the surface ocean. 

As large scale ex situ sources of movement seem to be the driving factor of iodine species 

distribution throughout the ocean, a deeper study of the incorporation of iodine, specifically I-, into 

water mass forming regions would be a good step in furthering understanding of iodine’s 

movement through ocean basins.  As more is learned about the distribution of iodine and its redox 

species throughout the ocean, interpretations of its formation will directly impact what is known 

of its importance through geological history as part of  atmospheric processes and a paleoredox 

proxy, specifically as a tracer for past oxygenation and, therefore, tracer of life on this planet.  
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